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West African rainfall plays an important role in tropical climate and hydrological 
cycle. This study aims to advance our understanding of the West African rainfall across 
different timescales, from the diurnal cycle to interannual variations. Then, the study is 
extended to understand the climate sensitivity in the tropics with an increase of 
greenhouse gases. 
First, on a short timescale, the diurnal cycle of warm season rainfall over West 
Africa is investigated. In both the climatology and the 2006 case study, most of West 
Africa shows a single diurnal peak of rainfall in either the afternoon or at night. 
Afternoon rainfall peaks are associated with an unstable lower troposphere. Nocturnal 
rainfall peaks are associated with rainfall systems propagating westward. They occur 
most frequently about 3°-10° of longitude downstream of regions with afternoon rainfall 






propagation with afternoon peaks associated with elevated topography and nocturnal 
peaks downstream of the topographic afternoon rainfall regions. However, the model 
fails to reproduce the observed afternoon rainfall peaks in several regions far away from 
the downstream of elevated topography. 
Second, on a longer timescale, the climatology and interannual variations of the 
West African monsoon demise are investigated using the Tropical Rainfall Measuring 
Mission and the Global Precipitation Climatology Project precipitation datasets along 
with the ERA-Interim reanalysis. During monsoon demise, the rainfall maximum 
progresses southward smoothly from the Sahel to the Gulf of Guinea. The climatological 
monsoon demise date is October 20th. The demise date varies between October 5th and 
30th. An early (late) demise is associated with an anomalously strong (weak) North 
Atlantic subtropical high. The monsoon season total rainfall is found to be significantly 
correlated with the demise date. 
Finally, idealized regional model simulations are used to understand the climate 
sensitivity over the broad tropical region. The model is configured with idealized 
continents and oceans. With a doubling of CO2, the land and the ocean warm at different 
rates. The changes of the continental heat lows, subtropical highs and land-based rainfall 
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Chapter 1:  General Introduction 
The essential research objective of this dissertation is to understand the rainfall variations 
and climate sensitivity in the tropical regions using observational data and the state-of-the-are 
climate model simulations. The dissertation is organized into five chapters. Chapter 1 provides a 
general introduction to the following chapters. Chapters 2, 3, 4, and 5 each describes a research 
subject within the scope of this dissertation, respectively. The diurnal cycle of rainfall over West 
Africa is investigated in Chapters 2 and 3, using observational datasets and high-resolution 
regional climate model simulation, respectively. Moreover, the West African monsoon demise is 
explored in Chapter 4. Material from this chapter is already published on the Journal of 
Geophysical Research-Atmospheres (Zhang and Cook 2014). Finally, an idealized simulation is 
presented in Chapter 5 to understand the climate sensitivity in the tropics given an increase of 
greenhouse gases. General conclusions are summarized in Chapter 6.  
The West African monsoon plays an important role in the regional climate and water 
resources of the Sahel. The monsoon has a significant influence on agricultural management as it 
brings most of the rainfall to West Africa during the course of a year. For example, the growing 
season is largely determined by the timing the West African monsoon rainfall. Warm season 
rainfall over West Africa, and more broadly over all the tropics, varies greatly on wide-ranging 
timescales, and remains a challenging issue for weather and climate prediction. Therefore, an 
improved understanding of the physical processes that control the West African monsoon season 
is important because it will ultimately improve weather and climate forecasts for this region.  
In Chapters 2 and 3, we focus on the diurnal cycle of West African rainfall. A physical 
understanding of how the diurnal cycle is controlled is crucial for simulating and predicting 
changes in both mean precipitation and extreme rainfall events. For example, to confidently 
project how rainfall will change in the future under global warming, climate models are expected 
to realistically capture the diurnal cycle of rainfall in the contemporary climate. However, 
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previous studies (Cook and Vizy 2006; Dai 2006; Xue et al. 2010) show that the diurnal cycle of 
tropical rainfall is poorly simulated by the current generation of general circulation models 
(GCMs). Even when models produce realistic average rainfall amounts on seasonal timescales, 
they fail to correctly simulate the diurnal cycle of rainfall (e.g., Dai 2006). This deficiency 
indicates that GCMs do not correctly represent all of the physical processes that control the 
diurnal cycle of tropical rainfall. The purpose of this chapter is to better understand the diurnal 
cycle of warm season rainfall over West Africa, including its underlying physical processes. 
Observed precipitation is used to characterize the diurnal cycle, and atmospheric reanalyses are 
used to explore the physical processes that control it. We also evaluate the ability of a regional, 
convection-permitting atmospheric model to reproduce the diurnal cycle of rainfall over West 
Africa and capture the underlying physical processes. 
In Chapter 4, the demise phase in seasonal cycle of the West African monsoon is studied. 
Both the onset and the demise are important in determining the seasonal cycle of the West 
African monsoon. The onset of the Sahel monsoon season occurs typically in late June or early 
July with an abrupt shift of the rainfall maximum from the Guinean coast (~5°N) to the Sahel 
(~10°N); this is called the West African monsoon jump (Sultan and Janicot 2003; Hagos and 
Cook 2007). From late September to October, rainfall over the Sahel decreases gradually. Both 
the onset and demise dates are critical for agricultural planning. For example, a late onset may 
lead to late planting, and an early end of the rainy season might cause crop failure. While West 
African monsoon onset processes have been explored in several studies (Sultan and Janicot 
2003; Ramel et al. 2006; Hagos and Cook 2007), less attention has been paid to the demise 
process. The purpose of this chapter is to better understand the basic dynamics of the West 
African monsoon demise, and its relationship to seasonal rainfall totals, from the perspectives of 
the climatology and interannual variations. The findings of this chapter improve our 
understanding of the physical processes associated with the West African monsoon demise, and 
serve as a basis for modeling investigations. In addition, the physical processes that regulate the 
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monsoon demise provide support for operational weather and climate forecasts of the monsoon 
demise.  
In Chapter 5, a series of regional climate model simulations are conducted with idealized 
continents and oceans to advance the understanding of climate sensitivity in the tropics under the 
forcing of increasing greenhouse gases. Dynamics of the tropical climate is an essential 
component in global climate system and hydrological cycle. Under the global warming scenarios 
with increasing greenhouse gases, it is important to understand how the tropics responses to this 
forcing. Some of the tropical regions, e.g. the semi-arid West African Sahel region, are sensitive 
to climate changes. A better understanding of climate sensitivity in the tropics will help people in 
these regions prepare for mitigation and adaptation.   
One important driver of the tropical climate sensitivity is the land-sea distribution. Land 
has a smaller heat capacity; therefore it always warms or cools faster than the oceans. This 
thermal contrast is an important driver of tropical climate sensitivity given the same greenhouse 
gases forcing. However, in the real world, the signal of the land-sea contrast is complicated due 
to the shape and location of the continents on the Earth. To better understand the climate 
sensitivity in the tropics related to the land-sea distribution, in this chapter we use a coupled 
regional climate with idealized continents and oceans. This idealized approach will reduce other 
factors involved in the tropical climate and highlight the role of land-sea distribution, which has 
been widely used in studying climate dynamics. The idealized model can be built up with more 
complexity until reached to the full complexity of an operational climate system model. This 
hierarchical structure in modeling the climate system has the advantage that any finding in the 
idealized models can be easily transferred and applied to understand the full-complexity model. 
In Chapter 6, the general conclusions are stated and an outlook is provided for the future 









This study provides an improved understanding of the diurnal cycle of warm season 
(June-September) rainfall over West Africa, including its underlying physical processes. Rainfall 
from the Tropical Rainfall Measuring Mission and atmospheric dynamics fields from reanalyses 
are used to evaluate the 1998-2013 climatology and a case study for 2006.  
In both the climatology and the 2006 case study, most regions of West Africa are shown 
to have a single diurnal peak of rainfall in either the afternoon or at night. Averaging over West 
Africa produces a diurnal cycle with two peaks, but this type of diurnal cycle is quite atypical on 
smaller space scales. Rainfall systems are usually generated in the afternoon and propagate 
westward, lasting into the night. Afternoon rainfall peaks are associated with an unstable lower 
troposphere. They occur either over topography or in regions undisturbed by nocturnal systems, 
allowing locally-generated instability to dominate. Nocturnal rainfall peaks are associated with 
the westward propagation of rainfall systems, and not generally with local instability.  Nocturnal 
rainfall peaks occur most frequently about 3°-10° of longitude downstream of regions with 
afternoon rainfall peaks. The diurnal cycle of rainfall is closely associated with the timing of 
extreme rainfall events.   
 
2.1. INTRODUCTION 
Warm season rainfall in the tropics varies greatly on wide-ranging timescales, and 
remains a challenging issue for weather and climate prediction. Here we focus on the diurnal 
cycle of West African rainfall. A physical understanding of how the diurnal cycle is controlled is 
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crucial for simulating and predicting changes in both mean precipitation and extreme rainfall 
events. For example, to confidently project how rainfall will change in the future under global 
warming, climate models are expected to realistically capture the diurnal cycle of rainfall in the 
contemporary climate. However, previous studies (e.g., Cook and Vizy 2006; Dai 2006; Xue et 
al. 2010) show that the diurnal cycle of tropical rainfall is poorly simulated by the current 
generation of general circulation models (GCMs). Even when models produce realistic average 
rainfall amounts on seasonal timescales, they fail to correctly simulate the diurnal cycle of 
rainfall(e.g., Dai 2006b). This deficiency indicates that GCMs do not correctly represent all of 
the physical processes that control the diurnal cycle of tropical rainfall. 
The purpose of this study is to better understand the diurnal cycle of warm season rainfall 
over West Africa, including its underlying physical processes. We aim to provide a more general 
characterization of the diurnal cycle of rainfall at localized spatial scales and to better understand 
the geographical distribution of the diurnal cycle of rainfall over a broad West African domain.  
Observed precipitation is used to characterize the diurnal cycle, and atmospheric reanalyses are 
used to explore the physical processes that control it.  
The current understanding of the diurnal cycle of rainfall over West Africa is reviewed in 
section 2. Observational and reanalysis data sets used in this study are described in section 3. 
Results are presented in section 4, and conclusions are summarized in section 5. To further 
advance our understanding of the diurnal cycle of rainfall, convection-permitting simulations 
over West Africa are analyzed in Part II  (Zhang et al. 2015a).  
 
2.2. BACKGROUND 
The diurnal cycle of rainfall over West Africa is discussed in several studies that have a 
global perspective. Dai (2001) examines 3-hourly reports from weather stations around the globe 
to find that the Sahel region (defined as 10°W-20°E and 10-15°N) exhibits a nocturnal peak for 
non-drizzle rainfall, and both afternoon and nocturnal peaks for showery rainfall. Dai (2001) also 
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shows that the afternoon rainfall peak is related to local instability as indicated by the presence of 
large values of convective available potential energy (CAPE). Using satellite brightness 
temperature as a proxy for rainfall, Yang and Slingo (2001) show that afternoon and evening 
rainfall peaks are dominant over West Africa, and also explore connections with atmospheric 
instability and the life cycle of mesoscale convective systems (MCSs).  
NASA Tropical Rainfall Measurement Mission (TRMM, Huffman et al. 2007) satellite 
observations have enabled a number of studies of the diurnal cycle over West Africa. Nesbitt and 
Zipser (2003)  examine TRMM radar and microwave imager data for 1998-2001 and suggest 
that, over tropical land, rainfall associated with MCSs has a late evening peak while the intensity 
of MCSs is greatest in the late afternoon.  The peak in non-MCS rainfall is in the afternoon.  
In a detailed analysis of sub-Saharan African rainfall using the TRMM microwave 
imager data for 1998-2001, Mohr (2004) finds that the diurnal cycle of rainfall has a single late 
afternoon/evening peak south of 10⁰N and two peaks – one in the evening and the other near 
midnight – north of 10⁰N. This study also suggests that the frequency and life cycle of MCSs are 
important influences on the diurnal cycle. Another study using Niger station rainfall observations 
suggests that the peak hour of rainfall has regional variations.  (Shinoda et al. 1999). 
The diurnal cycle of rainfall over West African is known to be influenced by the life 
cycle of convective systems. West African warm season rainfall is linked with convective 
systems that range from localized, short-lived (1-3 hours) systems to long-lasting (6-24+ hours) 
MCSs (Laing and Fritsch 1993; Le Barbé and Lebel 1997; Hodges and Thorncroft 1997; Mohr 
2004). Mathon et al. (2002) suggest that more than 90% of the warm season rainfall over the 
Sahel is contributed by organized convective systems (OCSs), which are a class of MCSs. Their 
analysis over Nigeria implies that the diurnal cycle of rainfall is associated with the propagation 
of OCSs that originate over upstream topography. By tracking the life cycle of West African 
MCSs in infrared satellite images, Mathon and Laurent (2001) show that, over the central Sahel, 
the frequency of summer MCSs peaks at 19:00 local solar time (LST). The MCSs are classified 
into a four-phase life cycle: initiation, splits, dissipations, and mergers. The frequency of 
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occurrence of MCSs in the initiation phase peaks at 16:00 LST, while other phases peak in the 
late afternoon or early evening. In an analysis of station rainfall data in a wet year and a dry year, 
Shinoda et al. (1999) conclude that the diurnal cycle of rainfall over Niger is related to the 
westward propagation of MCSs initiated around the Aïr mountains in the afternoon. Laing et al. 
(2008) also find that the diurnal cycle of West African rainfall is influenced by the zonal 
propagation of convective systems that are initiated over elevated terrain and propagate 
westward. Using the TRMM precipitation product, Janiga and Thorncroft (2014) conclude that 
Sahelian rainfall in the afternoon (early morning) is mainly generated by small (large) size 
convective systems.  
In summary, previous studies have examined the diurnal cycle of rainfall over specific 
West African regions, or as an average over large portions of West Africa.  The time periods 
analyzed have been limited to case studies of a single season or climatologies formed by 
averaging a relatively small number of years.  In this paper we build on this previous work to 
further advance our understanding of how and why the diurnal cycle varies spatially across West 
Africa, examining the geographical distribution of the diurnal cycle of rainfall over a broad West 
African domain and then focusing on localized diurnal cycles to understand the observed 
distribution. In the associated Part II paper (Zhang et al. 2015a),  we compare the observed 
geographical distribution of the diurnal cycle in simulations with a convection-permitting 
regional model to further advance our understanding of the physical processes that drive the 
diurnal cycle of precipitation over West Africa and our ability to capture these processes 
correctly in models. 
 
2.3. METHODOLOGY 
To examine the diurnal cycle of rainfall, we use the NASA 3-hourly Tropical Rainfall 
Measuring Mission precipitation 3B42V7 product (Huffman et al. 2007). TRMM coverage 
includes all longitudes from 50°S to 50°N with a spatial resolution of 0.25°.  Compared with 
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previous generations of remote sensing products for rainfall, e.g., rainfall estimates based on 
brightness temperature, the TRMM rainfall product has a much finer spatial resolution with 
robust statistics, which allows advancements of the characterization of the diurnal cycle of 
rainfall to finer scales. 
We analyze the diurnal climatology for June, July, August and September (JJAS) from 
1998 through 2013. In addition, the warm season of 2006 is used as a case study since multi-year 
averaging can obscure the physics of synoptic-scale events.  2006 is selected for our case study 
because this year coincides with the African Monsoon Multidisciplinary Analysis (AMMA) 
special observing period (Lebel et al. 2010), with more extensive observations available. 
The 3-hourly Modern-Era Retrospective Analysis for Research and Applications 
(MERRA, Rienecker et al. 2011) reanalysis is used for atmospheric dynamics fields.  At the time 
of this study, MERRA was the only reanalysis product that supplied atmospheric dynamics fields 
on 3-hourly intervals over West Africa.  To reduce the uncertainty of using reanalysis data, other 
global reanalyses are also compared with MERRA, including the National Centers for 
Environmental Prediction (NCEP) Climate Forecast System Reanalysis (CFSR, Saha et al. 
2010),  the ECMWF ERA-Interim reanalysis (Dee et al. 2011), and the ECMWF reanalysis from 
their operational forecasts for the AMMA  observational campaign with AMMA radiosonde data 
assimilated (ECMWF-OPERA, Agustí-Panareda et al. 2010). Note that CFSR, ERA-Interim, and 
ECMWF-OPERA are available at 6-hourly intervals for 00 UTC, 06 UTC, 12 UTC and 18 UTC. 













          (2.1) 
where d and h are indices indicating the day and the 3-hourly interval, respectively. 




The analyses region is 7°W-21°E and 7°N-17°N (Figure 1), which is the same as the 
model domain for the convection-permitting simulations in Part II (Zhang et al. 2015a). This is a 
large area, covering 3.38× 106 km2, or nearly half the surface area of the contiguous United 
States.  The Bodélé Depression (centered around 18°E, 17°N) is included in this domain.  This 
region is one of the largest sources of aerosol dust on the planet (Washington et al. 2009), but 
nearly all of the emissions occur during the winter months while the analysis here is confined to 
the warm season. 
 
2.4. RESULTS  
2.4.1 Geographical distribution of the diurnal cycle of rainfall over West Africa 
Figures 1a-h show the percentage of total daily rainfall delivered during each 3-hourly 
interval in the TRMM climatology (1998-2013). Note that the TRMM rainfall product is at 3-
hourly intervals. Since the zonal range of our analysis region is 7°W-21°E, which is within the 3-
hour time zone centered on Greenwich meridian, UTC is used as the local time of the analysis 
region.  The highest percentages, 25% to 50%, generally occur in the late afternoon (i.e., 18 
UTC) or at night (i.e., 21 UTC, 00 UTC, and 03 UTC). Rainfall percentages are minimal from 09 
UTC until noon (12 UTC), with values below 15% in most locations. Both maxima and minima 
exhibit pronounced spatial variations.  
Figure 2 displays the distribution of the peak hour of rainfall in the climatological diurnal 
cycle. Major features include late afternoon peaks over southwestern Mali, Burkina Faso, Ghana, 
Togo and Benin; nocturnal peaks (00 UTC and 03 UTC) around the political boundaries between 
Burkina Faso, Niger, Benin, and Nigeria; late evening (21 UTC) peaks in western Niger, and 
afternoon (15 UTC and 18 UTC) peaks in the vicinity of Lake Chad. The spatial differences of 
rainfall peak hour are consistent with Shinoda et al. (1999). These spatial variations in the timing 
of the rainfall peak suggest that dominant physical process likely vary regionally.  
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    This regionalization is apparent in Figure 3, which shows the climatological diurnal 
cycle of rainfall area-averaged over 1°×1° grid boxes from 7°W to 21°E and 5°N to 15°N.  98% 
of the grid boxes analyzed contain a single diurnal peak. The single peak is either in the 
afternoon or night. The remaining 2% of the boxes exhibit double peaks, one in the afternoon 
and another at night. 
This result indicates that, climatologically speaking, most of West Africa exhibits a single 
diurnal peak of rainfall. This is different from some previous studies. For example, Mohr (2004) 
concludes that the rainfall north of 10°N over the Sahel has two diurnal peaks, based on a large-
scale area average (10-15°N, 18°W-32°E). As shown in Figure 2, the rainfall in this region has a 
single diurnal peak but with substantially spatial variations of the peak time; two peaks in the 
climatological diurnal cycle only occur in the large-scale area average. 
Different features in the geographical distribution of the diurnal cycle of rainfall can also 
arise due to time averaging.  For this reason, a case study of the 2006 warm season is analyzed.  
This case study also allows us to more directly relate synoptic events to the diurnal cycle. Figure 
4 shows peak hours of the diurnal cycle of rainfall for JJAS of 2006. A similar geographical 
distribution of the peak hours is found in the 3-hourly PERSIANN rainfall data (Sorooshian et al. 
2000, results not shown).  The large-scale features are similar to the climatology in Figure 2, 
which suggests that the warm season (JJAS) in 2006 is reasonably representative of the 
climatology.  The greater spatial variability is expected due to the shorter averaging period.  
Figure 5 shows the JJAS 2006 mean diurnal cycle of rainfall in each 1°×1° grid box 
within the region from 7°W to 21°E and 5°N to 15°N. Distinct from the climatology, 72% of the 
small regions show a single peak, while 26% exhibit double peaks. This indicates that the very 
high percentage (98%) of single peaks seen in the climatology is, in part, a vestige of the multi-
year time averaging.  However, it is still the case that most regions experience a single diurnal 
rainfall maximum. 
Three regions, indicated in Figure 4, are defined for more in-depth analysis of the diurnal 
cycle. These regions cover areas with fairly uniform diurnal cycles of rainfall that are similar in 
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the climatology (Figs. 2 and 3) and in 2006 (Fig. 4).  One region has a late afternoon peak at 18 
UTC and is denoted AF (3°W-0°W, 9°N-11.5°N).  Two domains have nocturnal rainfall peaks. 
The southern region with a nocturnal peak at 00 UTC is referred to as SN (2°E-5°E, 9°N-
11.5°N), and the northern region with a nocturnal peak at 03 UTC is named NN (2°E-5°E, 
13.5°N-16.5°N).   
Figure 6 shows a Hovmöller diagram of the TRMM 3-hourly rainfall for JJAS 2006 
averaged between 9°N-11.5°N, which includes the AF and SN domains. Generally, rainfall 
systems form in the afternoon and propagate westward during the late afternoon and night. This 
westward propagation includes heavy rainfall episodes, e.g., the one starting on the afternoon of 
July 27, 2006, at 9°E; another begins in the afternoon of September 1, 2006, at 25°E and 
propagates to the west over the next several days. Many of these rainfall events are associated 
with MCSs, and this westward propagation agrees with the studies of life cycle of MCSs (e.g., 
Mathon and Laurent 2001; Mathon et al. 2002).   
Rainfall systems that propagate into the SN domain (2°E -5°E) to create the nocturnal 
maximum are primarily the result of afternoon rainfall immediately to the east (about 5°E -
15°E). A few long-lasting rainfall episodes can be tracked back to about 20°E.  One event begins 
in the afternoon of July 20, 2006, at 25°E and lasts until the early morning of July 22, 2006, at 
2°E.  Another event forms in the afternoon of September 1, 2006, at 27°E and remains strong 
through September 5, 2006, as it propagates westward across West Africa. Note that, although 
there is regular initiation of afternoon rainfall in the vicinity of the Ethiopian Highlands (40°E), 
most of these rainfall systems do not remain intact past 10°E. A Hovmöller diagram averaged 
between 13.5°N-16.5°N (the latitudes of the NN domain, not shown) displays similar westward 
propagating features, but with less frequent events and lower rainfall rates compared with Figure 




2.4.2 Afternoon rainfall: The role of local instability 
The relationship of local atmospheric instability to the afternoon rainfall peaks is 
explored by examining the vertical profile of the moist static energy (MSE). MSE is the sum of 
the sensible, latent, and geopotential heat contents of a parcel: 
pMSE c T Lq gz                                      (2.2) 
where 
pc is the specific heat of air at constant pressure, T is the air temperature, L is the 
latent heat of water vaporization, q is the specific humidity, g is the gravity acceleration, and z is 
the geopotential height. MSE increasing with altitude indicates a stable atmosphere.  Analysis of 
the MSE allows one to distinguish between the roles of temperature and moisture variations in 
changing atmospheric stability properties. 
 Figure 7a displays profiles of MSE anomalies (solid lines) for 00 UTC (green), 03 UTC 
(blue), and 18 UTC (red) averaged over the AF domain. The anomaly is defined as the difference 
between the averaged MSE profiles at every 00 UTC, 03 UTC, 18 UTC, respectively, and the 
mean of JJAS 2006. The moisture ( Lq ) and temperature (
pc T ) components of the MSE 
anomalies (see Eq. 5) are indicated by the dot-dashed and dashed lines, respectively.  
The diurnal cycle of the MSE anomaly in the AF region is confined below 850 hPa. The 
afternoon rainfall peak is associated with an anomalous MSE profile (red solid line) that is 
unstable below 850 hPa and neutral above that level; it is near neutral at 00 UTC and stable at 03 
UTC from the surface to 700 hPa. The MSE anomalies are primarily associated with changes in 
both Lq  and 
pc T , as the contribution by gz is negligible in the lower troposphere (not shown).  
The contribution from 
pc T  reflects daytime warming of the land surface.  Despite these diurnal 
variations of surface temperature, diurnal variations in Lq  are small at the lowest level (975 
hPa) and greatest between 900 hPa and 925 hPa, with positive anomalies at 18 UTC and negative 
anomalies at 00 UTC and 03 UTC. 
The MSE anomaly profiles for the SN (Fig. 7b) and NN (Fig. 7c) regions have similar 
diurnal variations to the AF region but, in the NN region (Fig. 7c), the Lq anomaly is negative 
near the surface at 18 UTC. However, the total MSE profile remains unstable due to the sensible 
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heating term. Although rainfall in these regions peaks at night, the MSE anomaly profiles are not 
favorable for the initiation of nocturnal convection. Note that the SN and NN domains still have 
afternoon rainfall, though not as peaks. 
Figures 8a-c display the AF domain’s MSE anomaly profiles using CFSR, ERA-Interim 
and ECMWF-OPERA reanalyses. Only 18 UTC and 00 UTC are shown because 03 UTC is not 
available in these 6-hourly data sets. The vertical distribution of the 18 UTC profiles of the MSE, 
temperature and moisture terms are similar to those in Figure 7a, although the magnitudes vary. 
This suggests that the physical processes evaluated here are not sensitive to the choice of 
reanalysis.  
Over the AF region the difference in the sensible heating term between day and night can 
be explained by the fact that land surface heats (cools) the low-level atmosphere in the afternoon 
(nighttime). To understand the diurnal cycle of the latent heating term, Figure 9a displays the 
diurnal cycle of low-level specific humidity averaged over the AF domain. The afternoon peaks 
of moisture at 900 hPa and 925 hPa are associated with smaller vertical gradients, suggesting 
strong vertical mixing. 
Figure 9b shows the diurnal cycle of the planetary boundary layer (PBL) height over AF. 
The nocturnal PBL is below 975 hPa, while the afternoon PBL is well-developed up to 900 hPa. 
Therefore, the nocturnal atmospheric moisture from 975 hPa to 875 hPa is more stratified while, 
in the afternoon, the atmospheric moisture at 900 hPa and 925 hPa is well mixed (Figure 9a). 
In general, the afternoon rainfall peaks over West Africa are associated with unstable 
atmospheric profiles in the lower troposphere. Based on Figures 2 and 4 we conclude that the 
afternoon rainfall peaks are dominant over topographical features and in several regions far 




2.4.3 Nocturnal rainfall: The role of propagating convective systems 
Nocturnal rainfall over the broader West African region is associated with westward 
propagating MCSs as indicated by the Hovmöller diagrams in Figure 6 and previous studies 
(e.g., Shinoda et al. 1999; Laing et al. 2008). In this subsection, we examine preferred regions for 
the initiation of these propagating systems and their pathways across West Africa. 
If the nocturnal rainfall in a given region is supported by propagation from a preferred 
location upstream, then rainfall in that region at the peak hour will be positively correlated with 
the rainfall in the upstream location with some time lag.  Figure 10a shows the correlation 
coefficient map between the JJAS 2006 time series of 03 UTC rainfall averaged over the NN 
region and the time series of 15 UTC rainfall at each grid point.  The nocturnal rainfall peaks are 
related to previous afternoon rainfall in the relative depression between the Aïr Mountains of 
Niger and the Jos Plateau of Nigeria. The windward slopes of these topographical features favor 
the initiation of afternoon convection. This region has an afternoon rainfall peak as indicated in 
Figures 2 and 5.  This correlation is a necessary but not sufficient condition for tracking the 
movements of rainfall events. An examination of the time series is also conducted to confirm the 
propagation track. Visual inspection of 3-hourly TRMM rainfall snapshots (not shown) indicates 
that the region with high correlation centered near 7°E and 8°N in Figure 10b is not directly 
related to the propagation of rainfall into the NN region. 
Figures 10b - d display similar correlation maps relating nocturnal rainfall in the NN 
region with rainfall in other regions at 18 UTC and 21 UTC on the previous day, and on the same 
day at 00 UTC.  Taken together, Figures 10a - d reveal a typical pathway that propagating 
systems follow to produce the 03 UTC NN rainfall peak. These rainfall systems generally form 
near 10°E and move westward along the boundary between Niger and Nigeria.  
Figures 10e - g show correlation coefficient maps that relate the 00 UTC rainfall time 
series averaged over SN with each grid point at the previous 15 UTC, 18 UTC, and 21 UTC 
times, respectively. The nocturnal peak over SN is associated with rainfall that is initiated near 
the Jos Plateau (centered at 8°E and 9°N) on the previous afternoon at 15 UTC. Similar to the 
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NN region, a westward propagating pathway occurs. Additionally, for the SN and NN regions, 
the midnight/early-morning rainfall shows no significant correlation with the rainfall on the 
following afternoon. 
To summarize, nocturnal rainfall over the NN and SN regions is both found to be 
associated with the development of afternoon convection approximately 500 km upstream (i.e., 
to the east). The average propagating speed of the rainfall systems is 15 m s-1, which is close to 
the estimation in Shinoda et al. (1999).  
Next we examine the low-level flow related to this propagation. Figure 11 shows the 
wind from 950 hPa to 600 hPa in JJAS 2006. Below 850 hPa, the southwesterly monsoon flow 
dominates, while above 850 hPa the wind is mainly easterly, which is favorable for the westward 
propagation of MCSs. The seasonally-averaged zonal wind speed does not exhibit a diurnal 
cycle, and the 650 hPa zonal wind speed averaged between 15 UTC and 03 UTC on the next day 
is 9.5 m s-1. Our analysis suggests that in order to produce a nocturnal rainfall peak there needs to 
be large-scale mid-tropospheric easterly flow and an afternoon rainfall system that is generated 
at the appropriate distance upstream. This applies to the NN and SN regions as well as other 
regions with nocturnal rainfall peaks (Figures 2 and 4). For example,  the nocturnal peaks in the 
southeastern part of the domain (7°E-20°E and 8°N-9°N) are associated with afternoon rainfall 
initiated over the Darfur Mountains of Sudan about  650 km to the east (not shown on this map). 
The nocturnal peaks at 7°W-4°W and 7°N-10°N are associated with afternoon rainfall peaks 
over the AF region. 
Generally, nocturnal rainfall peaks over West Africa are associated with rainfall systems 
propagating westward into a neutrally stable environment.  Regions with strong nocturnal 
rainfall are located 3°-10° of longitude downstream (i.e., to the west) of regions with afternoon 
rainfall peaks. In contrast, regions with afternoon rainfall peaks are either co-located with 
topographical features, or they are located far from topography allowing locally-generated 
atmospheric instability to dominate the diurnal cycle. 
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As discussed in Section 4.1, the diurnal cycle of rainfall is closely associated with the 
timing of extreme rainfall events. Applying a 50 mm day-1 threshold to the rainfall at 03 UTC 
averaged over the NN domain and at 00 UTC over the SN domain, 12 extreme events (see Table 
1) from the summer of 2006 are selected.  Four of the 12 events are associated with African 
easterly waves (AEWs) as indicated by 700 hPa wind and relative vorticity fields (not shown).  
 Figures 12a - l show the propagation of rainfall from 15 UTC to 03 UTC on the 
following day for each extreme event. Each of these events shows propagating features that 
relate nocturnal rainfall to rainfall generated on the previous afternoon to the east. Within the NN 
region, 4 events in 2006 (Figures 12a, d, e, and f)  are associated with systems that formed on the 
windward slope that lies along the boundary between Niger and Nigeria, and one event (on 
August 06) originated over the Aïr Mountains of Niger. The August 11 event is a large-scale 
squall line that formed near 12 UTC on the previous day. It is associated with nocturnal peaks 
over both the NN and SN regions. In the SN region, all 7 events (Figures 12c, g - l) derive from 
rainfall events that were initiated over the Jos Plateau and propagated westward. The overlapping 




We investigate the geographical distribution of the diurnal cycle of West African warm 
season (JJAS) rainfall and explore its underlying physical processes using the satellite-derived 
TRMM precipitation and atmospheric dynamics fields from the MERRA reanalysis.  
The diurnal cycle of rainfall is analyzed in the TRMM climatology for 1998-2013. We 
also evaluate the 2006 warm season (JJAS) as a case study to facilitate a more detailed 
investigation on synoptic timescales. The high-resolution TRMM rainfall product improves the 
understanding of the diurnal cycle of rainfall at finer spatial scales. 
The conclusions from this observational analysis are summarized as follows: 
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 Most regions of West Africa (98% in the climatology and 78% in 2006) have a single 
diurnal peak of rainfall in either the afternoon (i.e., 15 and 18 UTC) or at night (i.e., 21, 
00, and 03 UTC).  This finding is in contrast to several previous studies (see section 2.) 
that suggest that the diurnal cycle of rainfall over West Africa is characterized by two 
peaks.  This is a vestige of averaging over a large area, and the result does not apply 
locally or regionally. 
 Two types of regions experience afternoon rainfall peaks.  One is regions with 
topographic features, and the other is regions far removed from upstream topography, 
i.e., not within the range that is directly influenced by westward propagating rainfall 
systems originated over the mountains.  In these regions, local instability processes 
dominate.  A moist static energy analysis is used to show that the afternoon rainfall peaks 
are associated with unstable atmospheric profiles dominated by diurnal temperature 
variations in the lower troposphere; boundary layer moisture variations play a minor role. 
 Coherent regions with nocturnal rainfall peaks are located 3°-10° of longitude 
downstream (i.e., to the west) of regions with afternoon rainfall maxima. These rainfall 
peaks are associated with the westward propagation of rainfall systems, but not with local 
instability. 
 The diurnal cycle of rainfall is closely associated with the timing of extreme rainfall 
events.  Applying a 50 mm day-1 threshold, 12 extreme events that occurred at night 
during the summer of 2006 are examined, and each is found to be associated with an 
MCS that originated on the previous afternoon to the east and propagated to the west. 
 
An improved understanding of the diurnal cycle of rainfall is important for advancing 
weather and climate prediction over West Africa.  To capture the diurnal cycle of rainfall 
correctly, climate models need to have an accurate representation of the determining physical 
processes. In Part II (Zhang et al. 2015a), the diurnal cycle of rainfall produced by convection-
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permitting simulations is analyzed to evaluate the extent to which the model correctly represents 











Table 2.1. Extreme rainfall events (using 50 mm day-1 threshold) at nocturnal peak time for the 
NN and SN domains during JJAS 2006. The label is the same as listed in Figure 11. 
Label  Time  Domain Rainfall Rate (mm day-
1) 
Associated with AEWs? 
(a) 03 UTC July 26, 2006 NN 57.72 Yes 
(b) 03 UTC August 06, 2006 NN 72.53 No 
(c) 03 UTC August 11, 2006 NN 162.63 Yes 
(c) 00 UTC August 11, 2006 SN 59.98 Yes (the same one as in 
NN) 
(d) 03 UTC August 22, 2006 NN 101.20 No 
(e) 03 UTC August 28, 2006 NN 58.82 No 
(f) 03 UTC September 24, 2006 NN 75.79 No 
(g) 00 UTC June 14, 2006 SN 62.81 No 
(h) 00 UTC July 15, 2006 SN 113.94 No 
(i) 00 UTC July 28, 2006 SN 53.94 Yes 
(j) 00 UTC September 08, 2006 SN 108.16 Yes 
(k) 00 UTC September 12, 2006 SN 83.62 No 








Figure 2.1. Diurnal distribution of rainfall percentage at 3-hourly intervals from June-September 







Figure 2.2. Hour of maximum rainfall from the TRMM JJAS climatology (1998-2013). White contours show elevation (m). Boxes 
denote the three averaging domains defined for further analysis: AF (short for “afternoon”, 3°W-0°W, 9°N-11.5°N) with 
late afternoon rainfall peaks; SN (short for “southern nocturnal”, 2°E-5°E, 9°N-11.5°N); and NN (short for “northern 







Figure 2.3. Diurnal cycle of climatological JJAS rainfall (mm day-1) area-averaged for 1°×1° grid boxes within the region of 7°W-
21°E, 7°N-17°N. Grid boxes with multiple diurnal peaks of rainfall are shaded in blue. Boxes denote the three domains 
defined in Figure 2. The x-axis of each panel ranges from 00 UTC to 24 UTC at 3 hour intervals. A peak is defined as at 







Figure 2.4. Peak hour of rainfall from the JJAS 2006 mean. White contours show elevation (m).  Boxes denote the three domains 










Figure 2.5. Same as Figure 2.3, but for JJAS of 2006 in TRMM.  Bold boxes denote the three domains defined in the text. The x-axis 







Figure 2.6. Hovmöller diagram of TRMM 3-hourly rainfall (mm day-1) averaged between 9°N-
11.5°N for (a) June and July and (b) August and September of 2006. Grey lines 





Figure 2.7. (a) Profiles of total MSE (solid lines; units: 103 m2 s-2), 
pc T  (dashed lines), and Lq  
(dot-dashed lines) anomalies averaged over the AF domain at 00 UTC (green), 03 
UTC (blue), and 18 UTC (red). (b) and (c) are the same as (a) but for the SN and 







Figure 2.8. Same as Figure 2.7a, but for (a) CFSR, (b) ERA-Interim, and (c) ECMWF-OPERA 








Figure 2.9. JJAS 2006 AF domain mean diurnal cycle of (a) low-level specific humidity (g kg-1) 
and (b) geopotential height (color lines, units: m) and planetary boundary layer 







Figure 2.10. Correlation maps relating the JJAS 2006 time series of 03 UTC rainfall averaged 
over the NN domain and the rainfall time series of each grid point at previous (a) 15 
UTC, (b) 18 UTC, (c) 21 UTC, and (d) 00 UTC. (e)-(g) same as (a)-(d) but for the 
SN domain time series of 00UTC rainfall correlated with the rainfall time series of 
each grid point at previous 15 UTC, 18 UTC, and 21 UTC, respectively. Only 
positive correlation coefficients statistically significant at the 99% confidence level 






Figure 2.11. JJAS 2006 seasonal mean wind (m s-1) in the MERRA reanalysis in the lower 








Figure 2.12. Propagation of rainfall during 12 extreme events during JJAS 2006 (see Table 1 for 
details) over the NN and SN domains. Rainfall contours at the same time are plotted 
in the same color using intervals of 50, 100, and 200 mm day-1. Color legend is: red 
for 15 UTC, yellow for 18 UTC, cyan for 21 UTC, deep blue for the following 00 










Convection-permitting simulations using a regional climate model are analyzed to 
improve the understanding of the diurnal cycle of rainfall over West Africa and its underlying 
physical processes. The warm season of 2006 is used for the model simulations. The model has a 
good performance of seasonal mean rainfall and lower-troposphere circulation and captures the 
observed westward propagation of rainfall systems. The majority of the West Africa shows a 
single diurnal peak of rainfall in these simulations in agreement with the observation. However, 
the number of rainfall systems is more than twice of the observations, which is related to an 
overestimation of the initiation of afternoon rainfall over elevated topography. The simulations 
also produce shorter lived rainfall systems and their propagation speed is slightly faster than the 
observation.  
The model captures the afternoon rainfall peaks associated with elevated topography, 
e.g., the Jos Plateau. Nocturnal rainfall peaks downstream of the topographic afternoon rainfall 
are also well-simulated. However, the model generates too widespread nocturnal rainfall peaks 
and fails to reproduce the observed afternoon rainfall peaks over regions not associated with 
topography. This deficiency is related to a higher planetary boundary layer (PBL) than the 
observation which elevates the unstable profile to a higher level and inhibit the development of 
afternoon convections for the regions far away from topography. This study highlights that 
increasing the model resolution to convection-permitting scale improves the diurnal cycle of 
rainfall compared with the models with parameterized convection, but is not sufficient to fully 






This paper is the second part of a study that aims to improve our understanding of the 
diurnal cycle of warm season rainfall over West Africa.  Here we follow an observational study 
(Zhang et al. 2015b) with an analysis of high-resolution simulations. 
Atmospheric models, including both general circulation models (GCMs) and regional 
climate models (RCMs), are primary tools for predicting rainfall from sub-synoptic to multi-
decadal time scales. The diurnal cycle of precipitation is a critical aspect of the regional 
climatology, and influences rainfall distributions on all time scales. In Part I (Zhang et al. 2015b) 
we provide an observational analysis of the diurnal cycle of rainfall over West Africa. We 
conclude that, despite previous studies indicating that there are two diurnal peaks in rainfall over 
West Africa, almost all regions have a single diurnal peak, either in the afternoon or at night, and 
two peaks only occur as a result of area averaging.  
The purpose of this paper is to examine the ability of a regional, convection-permitting 
atmospheric model to reproduce the diurnal cycle of rainfall over West Africa and capture the 
underlying physical processes. The performance issues of the current generation of GCMs and 
RCMs in simulating the diurnal cycle of rainfall over West Africa are reviewed in section 2. 
Section 3 documents the regional climate model used in this study, including the configuration of 
the convection-permitting simulation. Observational and reanalysis data sets used to evaluate the 
model are also described in section 3. Results are presented in section 4, and conclusions are 
summarized in section 5.  
 
3.2. BACKGROUND 
Representing the diurnal cycle of rainfall over West Africa remains a challenging issue 
for the current generation of GCMs and RCMs. GCMs can often produce realistic simulations of 
the mean precipitation on monthly to annual timescales, but they fail to capture the diurnal cycle 
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of rainfall over West Africa (Cook and Vizy 2006; Dai 2006; Xue et al. 2010). For example, Dai 
(2006) compares the rainfall simulated by 18 different GCMs to TRMM observations and shows 
that over West Africa all the models initiate convective rainfall too early in the day (i.e., around 
local noon compared to late afternoon).  In addition, the observed nocturnal rainfall peaks 
diagnosed in Zhang et al. (2015) are not captured by the GCMs. Recent efforts to improve 
convective parameterization in GCMs provide a better representation of the timing of convection 
(e.g., Rio et al. 2009, 2013; Bechtold et al. 2014), but the nocturnal rainfall peaks are still not 
represented well. Such misrepresentations undermine our confidence in the models’ ability to 
properly represent the physical processes of precipitation, including those associated with high-
impact extreme events. 
Simply increasing a GCM’s resolution is not sufficient for correcting inaccuracies in the 
simulation of the diurnal cycle of rainfall if the resolution is not fine enough to explicitly allow 
convective rainfall without the use of cumulus parameterization (Lee et al. 2007; Ploshay and 
Lau 2010; Dirmeyer et al. 2012). This inability suggests that the errors are at least partially 
associated with the parameterized physical processes that control rainfall production in the 
models.  
One approach to avoiding the use of cumulus parameterization in models is to conduct 
convection-permitting simulations using spatial resolutions on the order of 4 km or finer. Sato et 
al. (2009) examine the dependence of the diurnal cycle of rainfall on spatial resolution in 
simulations with a global, convection-permitting model with 14-km, 7-km, and 3.5-km grid 
spacing. Over the tropical continents, the 3.5-km run produces realistic diurnal rainfall peaks in 
the afternoon and night, in both timing and magnitude, when compared with the TRMM 
observations. The 7-km and 14-km simulations produce 1.5 and 4.5 hour delays in the afternoon 
peak, respectively. Noda et al. (2012) suggest that these delays are associated with inaccuracies 
in the model’s simulation of organized convective systems with radii less than 100 km. Dirmeyer 
et al. (2012) also show that a global convection-permitting model produces a more realistic 
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diurnal cycle of rainfall than global models with parameterized convection or an embedded two-
dimensional convection-permitting model.  
Convection-permitting simulations with GCMs are computationally expensive, especially 
for simulating seasonal or longer timescales. Regional climate modeling provides an efficient 
alternative. RCMs use the same set of governing equations as GCMs, but the use of a limited 
domain makes high resolution simulation practical and the constraint of requiring hydrostatic 
balance used in GCMs can be relaxed.  In addition, the focus on a particular region can produce 
more accurate simulations when surface features such as topography are more accurately 
represented, and physical parameterizations (e.g., radiation calculations and land surface models) 
that are more suitable for the analysis region are selected (e.g., Cook and Vizy 2012; Vizy et al. 
2013). 
Pearson et al. (2013) and (Birch et al. 2014) examine the diurnal cycle of rainfall in 
regional model simulations with 4-km and 1.5-km resolution and explicit convection.  These 
high-resolution simulations reproduce the dual peaks of precipitation observed over many 
regions of West Africa, including afternoon convection and nocturnal propagating features.  A 
version of the same model with 12-km resolution and parameterized convection fails to produce 
nighttime peaks.  The difference in the accuracy of the diurnal cycle of rainfall between the 
higher- and lower-resolution simulations is attributed to the treatment of convection (explicit vs. 
parameterized) and not directly to the resolution differences. 
With preliminary testing to select physical parameterizations that work well in the region, 
the Weather Research and Forecasting (WRF) regional climate model (Skamarock et al. 2008) 
accurately reproduces West African rainfall on seasonal to interannual (e.g., Hagos and Cook 
2007; Cook and Vizy 2012; Vizy et al. 2013; Crétat et al. 2014). Working on the synoptic time 
scale, Laing et al. (2012) conduct 4-km resolution WRF convection-permitting simulations over 
tropical northern Africa for 12.5 days during the summer of 2006. The model captures the 




In Part I (Zhang et al. 2015b), an observational analysis shows that most regions of West 
Africa (98% in the climatology and 78% in a case study for 2006) have a single diurnal peak of 
rainfall in either the afternoon (i.e., 15 and 18 UTC) or at night (i.e., 21, 00, and 03 UTC). Two 
types of regions experience afternoon rainfall peaks. One is regions with topographic features, 
and the other is regions far removed from upstream topography.  Coherent regions with 
nocturnal rainfall peaks are located 3°-10° of longitude downstream (i.e., to the west) of regions 
with afternoon rainfall maxima. These nocturnal rainfall maxima are associated with the 
westward propagation of rainfall systems, and not with local convective instability.  
This paper builds on the observational analysis to further advance our understanding of 
the diurnal cycle of rainfall by examining convection-permitting simulations over West Africa. 
These simulations provide the opportunity to compare the model-simulated diurnal cycle of 
rainfall with observations to understand the extent to which the critical physical processes that 
control the diurnal cycle are represented accurately in the model. 
 
3.3. METHODOLOGY 
3.3.1 Description of the regional climate model simulations 
The Advanced Research WRF (ARW) version 3.4.1 (Skamarock et al. 2008) model is 
used to conduct convection-permitting simulations over West Africa. We use 3-km horizontal 
resolution to explicitly resolve moist convection without the use of cumulus parameterization. A 
model domain encompassing the region bounded by 7°W-21°E and 7°N-17°N (985 longitude × 
371 latitude gridpoints) is used.  This domain covers the study region used in the observational 
analysis of Part I.  Such a large domain is useful for reducing the impacts of the lateral boundary 
conditions on the model solution in the domain interior. 
Due to the high computational demands of running a 3-km resolution simulation over a 
domain with 365,435 gridpoints, one summer, 2006, is selected for a case study.  The simulation 
is initialized at 00 UTC on 1 March 2006 and run through 30 September 2006 and the warm 
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season (June to September) is analyzed. The summer of 2006 is chosen because it is 
representative of a typical summer season over West Africa, and it has been extensively studied 
as part of the African Monsoon Multidisciplinary Analysis (AMMA) special observing period 
(Lebel et al. 2010). This year is also used in the observational analysis conducted in Part I. The 
model integration time step is 15 seconds, and hourly model output is archived for analysis.  
Initial and boundary conditions are taken from the 6-hourly National Centers for 
Environmental Prediction (NCEP) Climate Forecast System Reanalysis (CFSR, Saha et al. 
2010), which has a horizontal resolution of 0.5° for atmospheric fields and 0.31° for surface 
fields. CFSR is chosen because of its high spatial resolution.  
Physical parameterizations selected for use in the simulation include the Lin et al. 
microphysics scheme (Chen and Sun 2002), the RRTM longwave radiation scheme (Mlawer et 
al. 1997), the Dudhia shortwave radiation scheme (Dudhia 1989), the Yonsei University 
boundary layer scheme (Hong et al. 2006), the MM5 Monin-Obukhov surface layer scheme 
(Skamarock et al. 2008), and the Noah land surface model (Chen and Dudhia 2001). This 
combination of parameterizations has been shown to reproduce the West African climate 
realistically at various spatial resolutions greater than 10-km (Cook and Vizy 2012; Vizy et al. 
2013). The cumulus convection parameterization is disabled. 
The above simulation is the default simulation used in this study, and its results are 
presented in next section. To verify that the diurnal cycle of rainfall produced in the default 
simulation is due to the internal model physics rather than being injected into the model domain 
by the lateral boundary conditions, an additional simulation was run with the diurnal cycle 
filtered out of the lateral boundary conditions. The diurnal cycle of rainfall throughout the model 
domain is insensitive to this filtering. 
Analysis of the output from the default simulation raised concern about a dependence on 
the atmospheric boundary layer and cloud microphysics parameterizations. Therefore, two 
additional 3-km resolution simulations are conducted.  The first sensitivity simulation is run in 
the same manner as the default except the Mellor–Yamada–Janjić (MYJ, Janjić 1994) 
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atmospheric boundary layer scheme is used instead of the Yonsei University boundary layer 
scheme. The second sensitivity simulation uses the Thompson microphysics scheme (Thompson 
et al. 2004) instead of the Lin et al. microphysics scheme.  The results of these sensitivity 
simulations are discussed in the results section. 
 
3.3.2 Description of the observational/reanalysis data sets 
Several observational/reanalysis data sets are used to evaluate the modeled diurnal cycle 
of rainfall and various atmospheric fields. For rainfall, we use the 3-hourly Tropical Rainfall 
Measuring Mission (TRMM) precipitation 3B42V7 product (Huffman et al. 2007) and the 3-
hourly Precipitation Estimation from Remote Sensing Information using Artificial Neural 
Network (PERSIANN) rainfall data (Sorooshian et al. 2000). Both have a spatial resolution of 
0.25°.  
The 3-hourly Modern-Era Retrospective Analysis for Research and Applications 
(MERRA, Rienecker et al. 2011) reanalysis is used for evaluating the atmospheric fields on 
diurnal time scales.  At the time of this study, MERRA is the only reanalysis product that 
supplies atmospheric fields on 3-hourly intervals over West Africa.  Other reanalyses are also 
used for model evaluation on longer time scales, including the National Centers for 
Environmental Prediction (NCEP) Climate Forecast System Reanalysis (CFSR) and  the 
ECMWF ERA-Interim reanalysis (Dee et al. 2011). These products are available at 6-hourly 
intervals for 00 UTC, 06 UTC, 12 UTC and 18 UTC. 
 
3.4. RESULTS  
3.4.1 Evaluation of seasonal mean climate 
The model’s ability to simulate the seasonal mean low-level circulation and rainfall fields 
is first examined. Figure 1 compares the model simulated 925 hPa wind and specific humidity 
with reanalyses. The full domain of the simulation (7°W-20°E and 7°N-17°N) is shown. The 
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southwesterly monsoon flow is well-captured in the WRF model. The model also captures the 
spatial distribution of specific humidity at 925 hPa. The model simulated specific humidity 
agrees well with CFSR, which is the source of boundary conditions for the WRF convection-
permitting simulation, and these two are dryer than MERRA and ERA-Interim over the southern 
part of the domain. Figure 2 examines the 650 hPa wind and specific humidity.  The prevailing 
easterly flow is simulated by the WRF model. The zonal structure of the specific humidity in the 
model is also close to the reanalyses, especially CFSR as expected. Other levels in the lower 
troposphere are also examined (not shown) to conclude that the WRF convection-permitting 
simulation reasonably captures the seasonal mean dynamics fields of the lower troposphere. 
Figure 3a-c display the JJAS 2006 mean rainfall rate from TRMM, PERSIANN and the 
WRF convection-permitting simulation, respectively. TRMM and PERSIAAN show similar 
seasonal mean rainfall. The model captures the meridional gradient of the seasonal rainfall 
reasonably well. South of 13°N, the model also captures the observed zonal structure, with drier 
conditions west of the Greenwich meridian and wetter conditions to the east. The rainfall 
maxima located near the Jos Plateau is also shown in the convection-permitting simulation. 
However, the model produces stronger rainfall than is observed over most of the southern part of 
the domain (2°W-19°E, 7°N-12°N) and weaker rainfall in the north (15°N-17°N).  
 
3.4.2 Diurnal cycle of rainfall in the simulation 
Figure 4 displays the percentage of daily rainfall distributed into each 3-hourly intervals 
in JJAS 2006. Similar to the observational analysis in Part I (Zhang et al. 2015b), UTC is used as 
the local time of this domain. The anomalously high percentage of afternoon rainfall along the 
boundaries are neglected because it is a common problem related to the forcing of lateral 
boundary conditions in the RCMs. For the West African region (west of 10°E), the afternoon 
rainfall starts around the Jos Plateau (7°E-10°E, 9°N-11.5°N) at 16-19 UTC and other regions at 
19-22 UTC. The percentage of rainfall then decreases at 22-01 UTC and 01-04 UTC, then there 
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is few rainfall during the early morning and noon/early afternoon time. The afternoon maxima in 
the TRMM observations (Figure 1 in Part I) are delayed to the evening in the model. The 
nocturnal rainfall after midnight is weaker in the model than the observation. 
Figure 5 shows the observed and model simulated peak hour of rainfall in the mean 
diurnal cycle of JJAS 2006. To compare with TRMM (Figure 5a), the model simulated hour of 
maximum rainfall is first evaluated in the 1-hourly output, and then rounded to the closest 3-
hourly interval at the TRMM reporting times (Figure 5b). In contrast to TRMM, the model 
produces nocturnal peaks that dominate across West Africa except in some isolated areas, e.g., 
the Jos Plateau. We continue using the regions defined in Part I (Zhang et al. 2015b) for case 
studies and then generalize the findings: the AF domain (3°W-0°W, 9°N-11.5°N), the SN 
domain (2°E-5°E, 9°N-11.5°N), and the NN domain (2°E-5°E, 13.5°N-16.5°N). To explore the 
role of the Jos Plateau in shaping the diurnal cycle of rainfall, here we add another domain for 
the Jos Plateau (7°E-10°E, 9°N-11.5°N). The simulated rainfall peaks are mainly nocturnal in the 
AF region, which has afternoon peaks in the TRMM observations. The SN domain has 
realistically-simulated nocturnal rainfall peaks.  The transition of rainfall peak hours from 18 
UTC over the Jos Plateau to 03 UTC over the SN domain indicates a westward propagation of 
rainfall systems. This westward propagation agrees with the conclusions identified in the 
observational analysis. The NN domain contains nocturnal peaks in the southern half and 
afternoon peaks in the northern half where the model has a dry bias with rainfall rates below 1 
mm/day (Figure 3). The two sensitivity simulations using different PBL and microphysics 
parameterizations show similar results (not shown) to the default simulation, indicating that 
alternating these parameterizations is not sufficient to improve the model simulation of the 
diurnal cycle of rainfall. 
In general, the convection-permitting simulation captures the afternoon rainfall peaks 
associated with elevated topography, e.g., around the Jos Plateau. The nocturnal rainfall peaks in 
the downstream of the topographic afternoon rainfall is also well-simulated. Nevertheless, the 
regional model generates nocturnal rainfall peaks that are too widespread over the domain, and 
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fails to reproduce the observed afternoon rainfall peaks over regions that are more than a few 
hundred kilometers downstream of elevated topography. 
To further explore the spatial variations of the diurnal cycle of rainfall, Figure 6 displays 
the model simulated diurnal cycle of rainfall which is area-averaged over 1°×1° grid boxes from 
7°W to 21°E and 7°N to 17°N.  59% of the small regions show a single peak, while 29% exhibit 
double peaks. This agrees with the observations (Figure 5 in Part I) that the majority of these 
small regions experience a single diurnal peak of rainfall. Also note that the model has a dry bias 
to the north of 14°N; therefore the multiple peaks close to the northern boundary are related to 
the relatively small magnitude.  
Figure 7 show the JJAS 2006 mean diurnal cycle of rainfall area-averaged for Joes 
Plateau, SN, and AF domains from TRMM observation and the convection-permitting 
simulation. Note that the TRMM data has 3-hourly intervals while the model output are archived 
at 1-hourly intervals. Therefore, if the difference of peak hour between observation and model 
simulation is less than 3 hours, the model has a good performance. For the Jos Plateau, the 
observed rainfall peak (at 18 UTC) is well-captured by the model (at 17 UTC). The magnitude of 
the diurnal cycle is much larger in the model and the rainfall maximum is twice in the model as 
in the observation.  
Over the SN domain, similar to the observation, the model shows a nocturnal rainfall 
peak around midnight (at 02 UTC) which is close to the 00 UTC peak in the observation and also 
the magnitude of the peak in the model is doubled compared with the observation. However, for 
the AF domain, the observed afternoon rainfall peak (at 18 UTC) is not reproduced by the model. 
The model simulates a delayed peak at 23 UTC, but the magnitude of the peak is comparable to 




3.4.3 Physical processes  
Figure 8 and 9 display Hovmöller diagrams of the JJAS 2006 rainfall averaged 9°N-
11.5°N from TRMM and the WRF convection-permitting simulation. One prominent feature is 
that the westward-propagating nature of rainfall systems is captured in the simulation.  As 
discussed in section 2, GCMs and coarser-resolution RCMs with parameterized convection tend 
to simulate static afternoon rainfall without westward propagation, which results in missing the 
nocturnal rainfall peaks. Here, the well-simulated westward propagation of rainfall is a 
promising improvement toward advancing the representation the diurnal cycle of rainfall in 
climate models.  
Afternoon rainfall systems are frequently initiated near 9°E, indicating that the model 
realistically simulates the afternoon rainfall related to the topography of the Jos Plateau. These 
systems propagate westward into the SN region, similar to the findings in TRMM, resulting in 
the realistic timing of rainfall peaks in the SN domain (Figure 5). However, the model produces 
too frequent initiation of afternoon rainfall around the Jos Plateau. The total number of 
propagating rainfall events in the model is more than twice in the observation (Table 1). 
 In the AF domain, the model simulates intense propagating rainfall systems passing 
through it during evening and night, and this causes the misrepresentation of the diurnal cycle of 
rainfall in that region. There is no secondary afternoon peak in the AF domain that is comparable 
to the observations. A similar Hovmöller diagram for simulated rainfall at the NN domain 
latitudes (13.5°N-16.5°N, not shown) exhibits few events and a low rainfall rate, failing to 
reproduce the diurnal cycle of rainfall over the northern part of the domain. 
The statistics of the propagating rainfall systems are summarized in Table 1. Generally, 
the number of rainfall systems generated in the model is more than twice of that in the 
observations, which is caused by an overestimation of the initiation of afternoon rainfall around 
the Jos Plateau.  In addition to the doubled frequency of rainfall events, The WRF model 
produces shorter lived rainfall systems and their propagation speed is slightly faster than that 
observed in TRMM.  
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Figure 10 shows the large-scale low-level circulation for the Jos Plateau region between 
model simulation and reanalyses. The model simulated low-level flow matches well with 
reanalyses, indicating that the overestimation of afternoon rainfall initiation is not caused by a 
bias in the low-level circulation. Next in Figure 11,  we examine the instability of the lower 
troposphere suggested by afternoon MSE profiles averaged over the region (8.3°E-8.8°E, 9.5°N-
10°N) to the downstream (i.e., west) of the top of Jos Plateau. The MERRA reanalysis shows 
unstable MSE profile from 850 hPa above and the MSE profile gradually becomes neutral. The 
model simulated MSE anomaly profile is neutral from surface to 850 hPa and then becomes 
unstable above 850 hPa. Especially, the simulated MSE anomaly profile is more unstable than 
the reanalysis from 800 hPa above. Note that this region is to the downstream (i.e., west) of the 
top of Jos Plateau, the disturbances generated on the top of Jos Plateau are elevated at levels 
above 850 hPa and then propagated into this region. Therefore, these topographical disturbances 
enter at levels with favorably unstable profile for the development of deep convections. The 
more unstable MSE anomaly profile in the model helps to explain the more frequent initiation of 
afternoon convections over this region than observation. 
For the AF domain, as suggested in section 2, the observed afternoon peak of rainfall is 
not captured by the WRF convection-permitting simulation. Instead, the model produces a 
nocturnal rainfall peak. Generally, this delay of the afternoon peaks is a common problem across 
the model domain for regions not affected by topographic rainfall. Figure 12 display the MSE 
anomaly profiles for the AF domain in MERRA and the WRF model simulation. In the low 
levels from surface to 850 hPa, the model produced MSE anomaly profile is close to natural 
while MERRA shows an unstable profile. Although the model shows similar unstable profile 
from 850 hPa to 750 hPa, it is difficult for the afternoon convections to break the neutral layers 
in below to form deep convections. In general, the afternoon rainfall peaks in the model is not 




By separating the contribution of temperature and moisture terms to the total MSE 
(dashed and dot-dashed lines in Figure 12), it is obvious that the MSE anomaly profile is 
stabilized by a maximum of atmospheric moisture at 850 hPa. Figure 13a shows the diurnal cycle 
of low-level specific humidity for the AF domain. The increase of moisture in the afternoon at 
850 hPa and 800 hPa is similar to the MERRA reanalysis (Figure 9a in Part I). Figure 13b 
displays the diurnal cycle of PBL height simulated by the WRF model. Compared with MERRA 
(Figure 9b in Part I), the model produces a much higher PBL top up to 1500 m. Therefore, the 
vertical mixing is stronger around the levels of the model simulated PBL, e.g., 900 hPa and 850 
hPa. This enhanced vertical mixing is associated with the moistening of these levels as shown in 
the MSE profiles. 
In general, the WRF convection-permitting simulations produce a deeper PBL and more 
moisture than the observation in the low levels below 850 hPa, which stabilize the MSE profiles 
at these levels and elevate the unstable MSE profile at higher levels compared with observation. 
This vertical instability setting is unfavorable for the development of afternoon rainfall, except 
over the mountain regions where the disturbances originated from the top of mountain are 
propagated into the unstable levels that are favorable for convections. 
 
3.5. CONCLUSIONS 
Based on the physical understanding of the diurnal cycle of rainfall over West Africa in 
the observational analysis of Part I (Zhang et al. 2015b), in this paper we evaluate convection-
permitting regional model simulations for the warm season of 2006 to further understand the 
physical processes that control the diurnal cycle of rainfall over West Africa.  
    We summarize the results from the convection-permitting regional model simulations 
as follows: 
 The model realistically simulates seasonal mean rainfall and lower-troposphere 
circulation fields. Moreover, the westward propagating nature of rainfall is well-captured 
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in the convection-permitting simulations, which is a distinct advantage compared to the 
rainfall simulated in GCMs or RCMs at coarser resolutions with convective 
parameterization activated.  
 The model produces a single diurnal peak of rainfall over the majority of West Africa, 
which agrees with the observation. The number of simulated rainfall systems is more than 
twice of the observations, which is caused by an overestimation of the initiation of 
afternoon rainfall around the Jos Plateau. The model also produces shorter lived rainfall 
systems and their propagation speed is slightly faster than that observed in TRMM.  
 The model captures the afternoon rainfall peaks associated with elevated topography, 
e.g., around the Jos Plateau. Nocturnal rainfall peaks downstream of the topographic 
afternoon rainfall are also well-simulated. 
 The model fails to reproduce the observed afternoon rainfall peaks over regions not with 
topography. Nocturnal rainfall is too widespread. The reason is that the model has a 
deeper PBL than the observation. Model simulated unstable afternoon MSE anomaly is 
located at a higher altitude than the observation, and underneath MSE anomaly is nearly 
neutral. This MSE profile inhibits the development of afternoon convection over most of 
regions with no topographic features. To the opposite, in the downstream (i.e., west) of 
the top of Jos Plateau, this MSE profile is favorable for initiation of afternoon 
convections, because the disturbances propagated from the top of plateau are elevated 
above the neutral levels and located at the unstable levels. 
 
An improved understanding of the diurnal cycle of rainfall is important for advancing 
weather and climate prediction over West Africa.  This study demonstrates that atmospheric 
models running at convection-permitting resolutions improves the representation of the diurnal 
cycle of rainfall, compared with GCMs and coarser resolution RCMs with parameterized 
convection. However, increasing the model resolution to a convection-permitting resolution 
(e.g., 3 km) still cannot fully solve the problem. The diurnal cycle of rainfall simulated by the 
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model always depends on the parameterization of various physical processes, e.g., the cloud 
microphysics, PBL, etc. The representation of these physical processes is critical in determining 





Table 3.1. Statistics of the propagating rainfall systems in TRMM and the WRF convection-
permitting simulation. 
 TRMM WRF simulation 
Total Number of propagating systems 163 337 
Mean duration of propagation (hour) 24.3 17.1 











Figure 3.1. JJSA 2006 mean 925 hPa specific humidity (shaded, units g kg-1) and wind (vectors, 













Figure 3.3. JJAS 2006 mean rainfall rate (mm day-1) in (a) TRMM, (b) PERSIANN, and (c) the 






Figure 3.4. Diurnal distribution of rainfall percentage at 3-hourly intervals from JJAS 2006 of 









Figure 3.5. Hour of maximum rainfall from JJAS 2006 in (a) TRMM and (b) the WRF 
convection-permitting simulation. Boxes denote the averaging domains: JP (short 
for “Jos Plateau”, 7°E-10°E, 9°N-11.5°N), AF (short for “afternoon”, 3°W-0°W, 
9°N-11.5°N) with late afternoon rainfall peaks,; SN (short for “southern nocturnal”, 
2°E-5°E, 9°N-11.5°N) and NN (short for “northern nocturnal”, 2°E-5°E, 13.5°N-







Figure 3.6. Diurnal cycle of WRF simulated JJAS 2006 rainfall (mm day-1) area-averaged for 1°×1° grid boxes within the region of 
7°W-21°E, 7°N-17°N. Grid boxes with multiple diurnal peaks of rainfall are shaded in blue. Boxes denote the three 
domains defined in Figure 5. The x-axis of each panel ranges from 00 UTC to 24 UTC at 1 hour intervals. A peak is 




Figure 3.7. JJAS 2006 mean diurnal cycle of rainfall (mm day-1) averaged in (a) Jos 





Figure 3.8. Hovmöller diagram of TRMM 3-hourly rainfall (mm day-1) averaged 
between 9°N-11.5°N for (a) June and July and (b) August and September of 
2006. Grey lines denote the boundaries of the AF (3°W and 0°W), SN (2°E 












Figure 3.10. Jos Plateau region JJSA 2006 mean 925 hPa specific humidity (shaded, 
units g kg-1) and wind (vectors, units m s-1) in (a) MERRA, (b) CFSR, (c) 






Figure 3.11. (a) Profiles of MERRA total MSE (solid lines; units: 103 m2 s-2), 
pc T  (dashed 
lines), and Lq  (dot-dashed lines) anomalies at 15 UTC averaged a the 
domain (8.3°E-8.8°E, 9.5°N-10°N) to the west of the top of Jos Plateau. (b) 








Figure 3.12. (a) Profiles of MERRA total MSE (solid lines; units: 103 m2 s-2), pc T  
(dashed lines), and 
Lq
 (dot-dashed lines) anomalies averaged over the AF 
domain at 15 UTC (green) and 18 UTC (red). (b) Same as (a) but for the 








Figure 3.13. JJAS 2006 AF domain mean diurnal cycle of (a) low-level specific humidity 
(g kg-1) and (b) geopotential height (color lines, units: m) and planetary 
boundary layer (PBL) height (bold line, units: m) in the WRF convection-





Chapter 4:  West African Monsoon Demise: Climatology, Interannual 
Variations, and Relationship to Seasonal Rainfall 
 
ABSTRACT  
 The material from this chapter has been published on the Journal of Geophysical 
Research-Atmospheres (Zhang and Cook 2014) with Dr. Kerry H. Cook as the second 
author who supervised this research. 
 The climatology and interannual variations of the West African monsoon demise 
are investigated using the Tropical Rainfall Measuring Mission and the Global 
Precipitation Climatology Project precipitation datasets along with the ERA-Interim 
reanalysis. During monsoon demise, the rainfall maximum progresses southward from 
the Sahel to the Gulf of Guinea. The West African monsoon demise is smooth, with no 
evidence of a meridional jump of the rainfall maximum as occurs during monsoon onset.  
The climatological monsoon demise date, defined by using a 2 mm day-1 rainfall 
threshold for the Sahel, is October 20th. The demise date varies up to 25 days during the 
1979-2012 period, between October 5th and 30th. An early (late) demise is associated with 
an anomalously strong (weak) North Atlantic subtropical high, which extends over the 
Mediterranean and Sahara throughout the demise period.  
The monsoon season total rainfall is found to be significantly correlated with the 
demise date. In a composite of early (late) demise cases, northerly (southerly) moisture 
flux anomalies, which enhance (reduce) moisture divergence, are associated with an 
anomalously strong (weak) North Atlantic subtropical high. In addition, the early (late) 
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demise of the West African monsoon is accompanied by cold (warm) sea surface 
temperature anomalies in the subtropical North Atlantic.   
 
4.1 INTRODUCTION 
The West African monsoon plays an important role in the regional climate and 
water resources of the Sahel. The monsoon has a significant influence on agricultural 
management as it brings most of the rainfall to West Africa during the course of a year. 
Therefore, an improved understanding of the physical processes that control the West 
African monsoon season is important because it will ultimately improve weather and 
climate forecasts for this region.  
The onset of the Sahel monsoon season occurs typically in late June or early July 
with an abrupt shift of the rainfall maximum from the Guinean coast (~5°N) to the Sahel 
(~10°N); this is called the West African monsoon jump (Sultan and Janicot 2003; Hagos 
and Cook 2007). From late September to October, rainfall over the Sahel decreases 
gradually. Both the onset and demise dates are critical for agricultural planning. For 
example, a late onset may lead to late planting, and an early end of the rainy season might 
cause crop failure. While West African monsoon onset processes have been explored in 
several studies (Sultan and Janicot 2003; Ramel et al. 2006; Hagos and Cook 2007), less 
attention has been paid to the demise process.  
The purpose of this paper is to better understand the basic dynamics of the West 
African monsoon demise, and its relationship to seasonal rainfall totals, from the 
perspectives of the climatology and interannual variations. The findings of this paper 
improve our understanding of the physical processes associated with the West African 
monsoon demise, and serve as a basis for modeling investigations. In addition, the 
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physical processes that regulate the monsoon demise provide support for operational 
weather and climate forecasts of the monsoon demise.  
Current literature on the West African monsoon demise is reviewed in the 
following section. The datasets and methodology used in this paper are described in 




The West African monsoon demise has been examined in several studies which 
focus more generally on the seasonal cycle of the West African monsoon climatology. 
The Sahel has a single rainy season, and a smooth monsoon demise in boreal fall. By 
defining monsoon demise as when daily precipitation consistently drops below its local 
annual mean, Liebmann et al. (2012) show that the climatological monsoon demise date 
over the Sahel ranges generally from September to November. Thorncroft et al. (2011) 
study the annual cycle of the West African monsoon and the associated atmospheric 
circulations using the Global Precipitation Climatology Project (GPCP) pentad 
precipitation dataset and the European Centre for Medium-Range Weather Forecasts 
(ECMWF) ERA-Interim reanalysis. They also find a smooth southward migration of the 
rainfall maximum from the Sahel to the Guinean coast during the monsoon demise, 
associated with an African Easterly Jet (AEJ) at 700 hPa located poleward of the rainfall 
maximum. In addition, they relate the southerly moisture flux of the monsoon flow with 
the location of the West African continental heat low.  
Using radiosonde observations, Zhang et al. (2006) suggest that the southerly 
monsoon flow diminishes in both strength and depth during monsoon demise, and the 
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northerly flow over the Sahel at 700 hPa is stronger than at the monsoon peak. Nicholson 
and Grist (2003) show that, in the climatology, the AEJ weakens and moves southward 
during the monsoon demise in the National Centers for Environmental 
Prediction/National Center for Atmospheric Research (NCEP/NCAR) Reanalysis 1.  
In addition to these climatological studies, interannual variations of Sahel rainfall 
are also associated with variations of the AEJ. By compositing wet and dry years for the 
Sahel, Grist and Nicholson (2001) conclude that the AEJ is stronger (weaker) and 
southward (northward) displaced during dry (wet) years. 
Here we find that the timing of the monsoon demise is related to the eastward 
extension of the North Atlantic subtropical high (NASH) over the Mediterranean and 
Sahara throughout the demise period. A brief review of the known relationship between 
the NASH and the West African monsoon system is presented. Martin and Thorncroft 
(2013) discuss the impacts of the Atlantic Multidecadal Oscillation (AMO) on the 
seasonal cycle of the West African monsoon in observations and reanalyses. Their results 
show that, in both boreal summer (JAS) and fall (OND), warm (cold) North Atlantic 
SSTAs during the warm (cold) phase of the AMO are associated with negative (positive) 
anomalies of the NASH, and increased (decreased) rainfall over West Africa (the Sahel 
for JAS and the Guinean coast for OND). Especially in OND, the extension of the NASH 
over northern African and the Mediterranean is weaker (stronger) during the warm (cold) 
phase of the AMO. In a modeling study, Grosfeld et al. (2008) confirm that North 
Atlantic cold (warm) SSTAs are associated with high (low) sea level pressure on 
multidecadal timescales. However, these studies do not exclude the impacts of other 
ocean basins on the NASH. 
The NASH can also be involved in the mid-latitude forcing of the West African 
monsoon. For example, Vizy and Cook (2009, 2013) propose a mechanism in which cold 
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air surges from the Mediterranean suppress convective activity of the West African 
monsoon. The strong low-level northerly flow that accompanies cold air surges is 
influenced by the NASH, which extends over northern Africa and the Mediterranean 
during the West African monsoon demise. 
Several studies indicate that the timing of the West African monsoon demise may 
change in the future under global warming scenarios. Using climate projections from 
Coupled Model Inter-comparison Project phase 3 (CMIP3), Biasutti and Sobel (2009) 
suggest that the Sahel rainy season will be delayed in response to increased greenhouse 
gases. Both the onset and demise dates of the West African monsoon are shifted later in 
the year and the rainy season becomes shorter. Biasutti (2013) shows that the more recent 
CMIP5 coupled GCM simulations produce a similar prediction, i.e., a negative rainfall 
trend in the onset months (June-July) and positive trend in the demise months 
(September-October). A series of idealized simulations in this study reveal that this 
change of the seasonal cycle is caused by nonlinear interactions between the fast response 
(land–atmosphere system) and slow response (ocean–atmosphere system) to increasing 
greenhouse gases. Vizy et al. (2013), however, simulate an overall increase in Sahel 
precipitation, with no change in mid- and late-21st century seasonality. This result is 
based on well-validated regional climate model projections at 30 km resolution with 
lateral boundary conditions and sea surface temperatures constrained from present-day 
reanalysis plus future climate anomalies from CMIP5 projections. Such discrepancies in 
future projections indicate that the underlying physical processes of the seasonal cycle 
over West Africa need to be better understood and evaluated to enhance confidence in the 
projections. 
Monsoon demise has also been investigated in other monsoon regions. For 
example, Wang and LinHo (2002) find that the Asian monsoon retreat is southward over 
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India and the western North Pacific, similar to West Africa, but over East Asia it 
progresses northward. In a detailed study of the Indian monsoon demise, Syroka and 
Toumi (2004) find that the interannual variability of the monsoon demise is larger than 
that of the onset, and that the demise date is the dominant factor in determining 
variability of the total rainfall. They suggest that the Indian monsoon demise is associated 
with a dry phase of the intraseasonal oscillation, and that an early (late) demise is 
associated with El Niño (La Niña) events on interannual timescales. Defining the Indian 
monsoon demise through vertically-integrated moisture fluxes, Fasullo and Webster 
(2003) also find a strong correlation between the monsoon demise date and the JJAS all-
India rainfall.  
Arias et al. (2012) study decadal variations of the North American monsoon 
seasonality and identify two dry periods on multidecadal timescales characterized by late 
onset, early demise, and weaker rainfall rates. Their statistical analysis shows that the 
1949-1970 dry period is attributable to the positive phase of the AMO, while the 1991-
2005 dry period with a more persistent early monsoon demise is associated with a 
combination of the AMO, the global warming trend, and an expansion of the NASH. For 
the South American monsoon, Zhou and Lau (1998) suggest that the monsoon demise, 
which manifests as a northeastward retreat of the rainfall maximum, is associated with a 
weakening of the low-level northwesterly monsoon flow and a double maximum in the 
upper tropospheric westerly jet. Raia and Cavalcanti (2008) show that the South 
American monsoon demise is associated with a westward displacement of the South 
Atlantic subtropical high toward the South American continent.  
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4.3. DATA AND METHODOLOGY 
Two observational datasets of precipitation are used to characterize the seasonal 
evolution of the West African monsoon demise. The first is the 3-hourly Tropical 
Rainfall Measuring Mission (TRMM) precipitation product (3B42V7, Huffman et al. 
2007) from 1998 to 2012. It covers latitudes from 50°S to 50°N with 0.25° latitude by 
0.25° longitude horizontal resolution. The advantage of TRMM is that it provides fine-
scale resolution for examining the geographical coherence of the monsoon demise over 
the Sahel. The second dataset is the 5-day GPCP precipitation analysis (2.5° latitude by 
2.5° longitude) which is available from 1979 to 2012 (Xie et al. 2003). Although the 
monthly mean GPCP precipitation dataset (1979-2012) is longer than TRMM, it is not 
used here because the monthly timescale is inadequate for depicting the monsoon demise.  
The ECMWF ERA-Interim reanalysis (ERAI; Dee et al. 2011) is used to analyze 
the atmospheric circulation associated with the West African monsoon demise. It is a 
global dataset available from 1979 to 2012, with 6-hourly frequency, 1.5° latitude by 1.5° 
longitude horizontal resolution and 37 vertical levels from the surface to 1 hPa.   
Various thresholds have been proposed to define West African monsoon onset 
and/or demise (e.g., Marteau et al. 2009; Liebmann et al. 2012). Here we use a uniform 
threshold because it facilitates relating rainfall to the atmospheric circulation directly. 
Synoptic variations in the rainfall time series are removed by using a 15-day running 
average. Then, the demise date of each grid point is defined as the calendar date when the 
smoothed rainfall falls below the selected threshold without any recovery later in that 
year. Both of the TRMM and GPCP climatologies are used to explore the spatial 
distribution of the monsoon demise. Several choices of the threshold value are tested in 
section 4a before choosing 2 mm/day as the threshold.  
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The 5-day pentad GPCP precipitation dataset is used to characterize interannual 
variations because it has a better balance between data record length and frequency for 
this study. The TRMM dataset is only used to check the consistency for the years in 
common with the GPCP data. The averaging region is defined as 20ºW-22.5ºE, 7.5ºN-
17.5ºN, which is named as “Sahel” for convenience of discussion. First, a climatological 
demise date for the Sahel precipitation climatology is defined by applying the 2 mm day-1 
threshold to the area-averaged time series. Then, for each year, the demise date is found 
by applying the same threshold to the area-averaged Sahel rainfall.  
Sensitivity tests show that the calculated demise date anomalies are sensitive to 
the latitudinal choice due to the strong meridional gradient of rainfall. Here we use 7.5ºN-
17.5ºN to include a large number of grid points in the GPCP (4 grids in meridional 
direction) for robustness, and to capture the full latitudinal extent of the summer monsoon 
rainfall. We also test the robustness of the results by using different definitions of 
monsoon demise. Latitudinal variations of the Sahel averaging region are tested. In each 
test, we first calculate the spatial average, and then define the demise date when 95% of 
the GPCP climatological annual precipitation has fallen. The rainfall rate on the demise 
date is used as the threshold to define monsoon demise for each year. In addition, 
longitudinal variations are tested by separating the Sahel averaging box into two halves: 
(20ºW-0, 7.5ºN-17.5ºN) and (0-22.5ºE, 7.5ºN-17.5ºN), with the 2 mm/day threshold for 
defining the demise date).  Although the demise date changes in these sensitivity tests, 
the conclusions about the physical processes remain the same. In this paper, we use the 
definition of monsoon demise using a 2 mm day-1 threshold and the Sahel averaging 
region (20ºW-22.5ºE, 7.5ºN-17.5ºN). To show the sensitivity, an additional example is 
presented using 95% percentage definition of demise date as mentioned above and the 
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southern half region (20ºW-22.5ºE, 7.5ºN-12.5ºN) where rainfall is heaviest during the 
monsoon demise.  
Composite analysis is used to address the interannual variations of the West 
African monsoon demise. Each year is classified as an early, normal or late demise year 
by comparing its demise date with the climatological demise date. Differences between 
the early and late demise composites are analyzed to identify the physical processes 
responsible for interannual variations. Note that the demise dates for the climatology and 
each individual year depend on the choice of the uniform threshold, so the composites, 
especially for normal years, are sensitive to the threshold to some extent.  
The moisture budget is used to connect rainfall and circulation anomalies. The 
vertically- integrated atmospheric moisture budget is   
P M E R C A E R       ,     (4.1) 
where precipitation (P) is the sum of the vertically-integrated moisture 
convergence (M), evapotranspiration (E), and the residual (R) which includes topographic 
effects and numerical and sampling errors. M can be further divided into contributions 
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where g is gravitational acceleration, w is the density of water, p is pressure, ps and ptop 
are the pressure at the surface and the top of the atmosphere, respectively, q is the 
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specific humidity, and v  is the horizontal wind vector. C and A can be further 
decomposed into zonal and meridional components denoted Cx, Cy, Ax, and Ay. 
 
4.4. RESULTS 
4.4.1. Climatology of the West African monsoon demise 
Figures 1a and b display Hovmöller diagrams of the rainfall climatology averaged 
over the Sahel (20ºW-22.5ºE) from the TRMM and GPCP climatologies, respectively. 
The datasets show a similar seasonal progression of the West African monsoon, which 
validates the shorter TRMM climatology. The West African monsoon, measured as the 
rainfall rate over the Sahel, is maximum in August (Figure 1a), when the rainfall at 10ºN 
reaches about 10 mm day-1 and the 0.5 mm day-1 isoline reaches 20ºN. Starting in early 
September, the rainfall maximum weakens and progresses southward. As mentioned 
above, the monsoon demise is relatively smooth. 
The position of the precipitation maximum is closely related to surface 
temperature and low-level wind. Figures 2a and b display the ERA-Interim climatology 
of surface skin temperature and 925 hPa meridional wind, respectively. As shown in 
Figure 2a, the warm Sahara and cold Gulf of Guinea during the summer maintain the 
thermal contrast that drives the West African monsoon. The Saharan heat low is 
important in maintaining the southwesterly monsoon flow. Therefore, the low-level 
meridional wind remains southerly during September and October (Figure 2b), while it 
decreases in association with the reduction in thermal contrast. After October, the land-
sea thermal contrast reverses when the Sahara cools and Atlantic cold tongue declines 
(Figure 2a). The summer monsoon is entirely shutdown, with low rainfall rates and 
prevailing northerly wind over the Sahel by the end of October (Figure 2b). 
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Figures 3a-d show maps of the TRMM climatological monsoon demise date over 
the Sahel using 1 mm day-1, 2 mm day-1, 3 mm day-1, 4 mm day-1 thresholds, 
respectively. Figures 3e-h display the climatological demise date maps for the GPCP 
climatology. The large-scale distribution in GPCP is similar to that in TRMM, suggesting 
a consistency between these two datasets. Overall, the climatological demise date over 
the Sahel ranges from early September to late November. An early (late) demise over the 
northern (southern) Sahel corresponds to an advanced (delayed) southward progression of 
the rainfall maximum during the boreal fall. The zonal distribution of the climatological 
demise date is generally uniform over the central and eastern Sahel, while the western 
coastal Sahel has a later demise in association with higher rainfall rates in this region.  
The TRMM climatological demise dates along 15ºN and 10ºN are used below to 
represent the northern and southern Sahel, respectively. Using a 1 mm day-1 threshold 
(Figure 3a), the demise date along 15ºN varies from mid-September in the eastern Sahel 
to mid-October in the western Sahel. Along 10ºN, the demise date ranges from late 
October in the eastern Sahel to mid-November in the western Sahel. With a 2 mm day-1 
threshold (Figure 3b), the demise date distribution is similar but generally about 10 days 
earlier than with a 1 mm day-1  threshold (Figure 3a). With a 3 mm day-1 threshold 
(Figure 3c), the demise date along 15ºN occurs before September 1st (shown as blank) 
over the central and eastern Sahel, and is in late October along 10ºN. The 4 mm day-1 
map (Figure 3d) displays the earliest demise date distribution among the four maps.  
These demise date maps are used to choose a uniform threshold for further 
analysis of interannual variations of the monsoon demise. Values of 3 and 4 mm day-1 are 
too high because they do not represent monsoon demise over the northern Sahel. The 
rainfall time series of an individual year may have large synoptic variations, which may 
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lead to unrealistic demise dates if 1 mm d-1 is used as the threshold. Therefore, we choose 
2 mm day-1 to characterize the date of the monsoon demise. 
Using the 2 mm day-1 threshold, the climatological demise date in GPCP is found 
to be October 20th. The date indicates the third day of a pentad, e.g., October 20th 
represents the pentad of October 18th -22nd. Therefore, it is not possible to pinpoint an 
exact day that is the actually climatological demise day in GPCP.  The climatological 
demise date in TRMM is as same as in GPCP. 
Figures 4a and b show the low-level circulation for August and October from the 
ERAI reanalysis climatology, respectively. Seasonal variations in the NASH (Davis et al. 
1997) are apparent. In boreal summer (e.g., August), the NASH reaches its peak strength 
and is mainly confined over the North Atlantic basin, while the heat low covers much of 
the Sahara. During the monsoon demise season (e.g., October), the NASH becomes 
weaker, and extends eastward over northern Africa and the Mediterranean. Note that the 
heat low is centered on the equator at the time of the monsoon demise. 
 
4.4.2. Interannual variations of the West African monsoon demise 
Interannual variations of the West African monsoon demise and the associated 
atmospheric circulation are discussed in this section. Figure 5a displays the demise date 
anomaly (against the climatological date of October 20th) for the 1979-2012 period using 
the 2 mm day-1 threshold. In GPCP (bars in Figure 5a), the earliest monsoon demise is on 
October 5th and the latest monsoon demise date is October 30th. The demise dates in 
TRMM (stars in Figure 5a) are generally consistent with the GPCP dates during the 
common years of 1998-2012.  
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All 34 years of the 1979-2012 period are classified into early/normal/late 
monsoon demise composites according to positive/zero/negative anomaly of the GPCP 
demise date as shown in Figure 5. The numbers of years in the early, normal and late 
monsoon demise composites are 14, 9, and 11, respectively.  
Two periods are defined for further analysis. Period 1 is from October 5th to 20th, 
during which the rainfall in the early demise composite falls below 2 mm day-1 while the 
rainfall in the late demise composite remains above 2 mm day-1. Period 2 is from October 
20th to 30th, during which the rainfall in the late demise composite drops below 2 mm 
day-1. Separating these two periods can help explore the persistence of the physical 
processes controlling the monsoon demise. 
Figure 5b is same as Figure 5a but using a 95% percentage definition of demise 
date and the southern half of the Sahel averaging region (20ºW-22.5ºE, 7.5ºN-12.5ºN). 
The demise threshold is 3.5 mm day-1 and the climatological demise date is October 15th. 
The demise date anomalies shown in Figure 5b are different from those in Figure 5a, 
indicating that the classification of early/normal/late composite is sensitive to the 
monsoon demise definition.  
Next we will examine interannual variations of atmospheric circulation associated 
with the monsoon demise. Figures 6a-c display the 925 hPa geopotential height and wind 
anomalies in the early, normal and late demise composites, respectively, during Period 1. 
In the early demise composite (Figure 6a), a prominent anomalous high center occurs 
over the Mediterranean and the adjacent land, including southern Europe and the Sahara. 
Accompanying this positive anomaly is an anticyclonic wind anomaly, which is 
manifested as strong northerly/northeasterly wind anomalies over the northern Sahel. The 
southerly monsoon flow to the south of the Sahel has relatively small anomalies.  
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In the normal demise composite (Figure 6b), only weak negative geopotential 
height anomalies are shown over West Africa and adjacent oceans. In the late demise 
composite (Figure 6c), there are strong negative geopotential height anomalies over 
southern Europe, the Mediterranean and the Sahara, which is opposite to the early demise 
composite (Figure 6a). Pronounced southerly wind anomalies are found to the north of 
the Sahel, part of the anomalous cyclonic flow associated with the low anomalies. In 
addition, there is no evident southerly flow anomaly along the southern boundary of the 
Sahel. 
The composites for Period 2 are shown in Figures 6d-f. In the early demise 
composite (Figure 6d), positive geopotential height anomalies remain over the 
Mediterranean and Sahara, while the center shifts northward to Europe. Similar to Period 
1, strong northerly/northeasterly wind anomalies occur over the northern Sahel. The 
normal demise composite (Figure 6e) features positive geopotential height anomalies 
over the subtropical North Atlantic and Mediterranean, which is different from Period 1 
(Figure 6b). In the late demise composite (Figure 6f), in contrast to the early demise 
composite (Figure. 6d), the subtropical high over the Mediterranean and Sahara has 
negative anomalies, associated with southerly/southwesterly wind anomalies over the 
northern Sahel.    
The subtropical high anomalies at 925 hPa are also present at other levels in the 
lower troposphere (below 500 hPa; not shown). We conclude that, in both Periods 1 and 
2, an early (late) demise of the West African monsoon is associated with an anomalously 
strong (weak) subtropical high over the North Atlantic and Sahara. 
Figure 7 is the same as Figure 6 but using the composites according to Figure 5b. 
The above conclusions concerning the role of the subtropical high are valid for this 
sensitivity test and other sensitivity tests using different averaging latitudes (not shown). 
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Note that, as suggested by Figures 6 and 7, the heat low is not an important factor in the 
dynamics of the monsoon demise because the associated low-level geopotential height 
anomalies are relatively small and very few of the wind vector anomalies over this region 
are significant at the 95% confidence interval. In the following, only the analysis using 
the 2 mm day-1 threshold to define the demise date is presented because the physical 
processes are the same.  
The AEJ is stronger in the early demise composite over the western Sahel, weaker 
in the late demise composite, and has no obvious anomaly in the normal demise 
composite, during Period 1 (not shown). This is consistent with the observations that a 
dry (wet) monsoon season is associated with a stronger (weaker) AEJ (Grist and 
Nicholson 2001). 
During Period 2, a similar conclusion is valid to the south of the Sahel (near the 
equator). However, no obvious difference occurs over the Sahel. It is not possible to 
distinguish causality between the AEJ and the monsoon demise because the generation of 
the AEJ is related to the meridional soil moisture gradient between the Sahara and 
tropical Africa, which is tightly coupled with precipitation (Cook 1999). 
 
4.4.3. Relationship between the West African monsoon demise and rainfall  
    Figure 8 shows the seasonal cycle of the area-averaged Sahel rainfall (15-day 
running averaged) in the GPCP climatology, the early demise composite and the late 
demise composite. Large differences can be seen in October between the early and late 
demise composites, which distinguish them from the climatology. Comparing the early 
and late demise composites in other periods of the monsoon season, there is no prominent 
difference in the developing phase (June and July) but there is a large difference in 
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August, which is the peak month of the West African monsoon. Differences in the timing 
of monsoon demise may be linked to differences during the monsoon peak through a 
positive feedback mechanism at the seasonal time-scale. For example, West Africa is 
identified as a hotspot of strong land-atmosphere coupling (Koster et al. 2006), which 
might support a positive soil moisture-rainfall feedback on seasonal timescales. However, 
the rainfall differences in September are smaller than in August, which is not in good 
agreement with the positive feedback hypothesis. While testing such a hypothesis is 
beyond the scope of this paper, it suggests that the monsoon demise cannot be fully 
attributable to the strength of the monsoon peak through a positive feedback.   
We use the same 2 mm day-1 threshold to define the West African monsoon onset. 
The rainfall accumulated between onset and demise dates is defined as monsoon season 
total rainfall. It is clear from Figure 8 that the early demise composite has less monsoon 
season total rainfall than the late composite. This is also evident in Figure 5. Note that 8 
out of 14 early demise years are in the 1980s which is known as part of the “Sahel 
drought” period, while 5 out of 11 late demise years are in 1990s which is the “recovery” 
period of the decadal drought (Hagos and Cook 2008).  
Correlations among the monsoon season total rainfall and demise date are 
displayed in Table 1. The GPCP monsoon season rainfall and the GPCP demise date are 
significantly correlated (correlation coefficient is 0.56 and p-value is 0.0006).  The 
correlation of these two variables is not significant in the TRMM 1998-2012 time series 
because the data record is not long enough. Even using GPCP, seasonal rainfall and 
demise date are also not significantly correlated if only 1998-2012 (the common period 
with TRMM) is used.  
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Figure 9 compares the demise date and seasonal rainfall anomalies year by year in 
both GPCP and TRMM. The high correlations, shown in Table 2, suggest good 
agreement between GPCP and TRMM for the monsoon demise date and total rainfall.   
An atmospheric moisture budget analysis is conducted to explore connections 
between the monsoon demise and circulation anomalies, especially the NASH variations 
and extensions over the Sahara. Figure 10a shows the GPCP rainfall climatology during 
Period 1. The rainfall is concentrated over 7.5-12.5°N. Figure 10b displays the 
climatology of the vertically-integrated moisture flux and convergence during Period 1. 
Moisture divergence covers most of the Sahel except over the southern boundary, 
suggesting that evapotranspiration during this period is higher than the rainfall. The 
prevailing moisture flux vectors are easterly/northeasterly, transporting moisture to the 
North Atlantic and the Gulf of Guinea. The Atlantic Inter-tropical Convergence Zone 
(ITCZ) is centered at about 7°N, as indicated by the moisture flux convergence.  
Figure 10c shows the rainfall anomalies during Period 1 for the early demise 
composite and Figure 10d displays the vertically-integrated moisture flux and 
convergence anomalies. The rainfall anomalies are larger than 0.5 mm day-1 over the 
southern Sahel. The moisture convergence in Figure 10d is comparable to these rainfall 
anomalies, indicating that the rainfall anomalies are mainly supported by the vertically-
integrated moisture flux convergence. The northerly moisture flux anomalies over the 
southern Sahel, which enhance moisture divergence, are associated with the northerly 
wind anomalies in the lower troposphere due to the strengthening of the NASH. Figure 
10e,f show the late demise composite anomalies of rainfall and vertically-integrated 
moisture flux and convergence, respectively. Rainfall anomalies larger than 1 mm day-1 
are found over the western Sahel (Figure 10e), which is also mainly associated with 
vertically-integrated moisture flux convergence (Figure 10f). The southerly/southwesterly 
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moisture fluxes in Figure 10f reduce the moisture divergence compared with the 
climatology in Figure 10b. The southerly moisture flux anomalies are associated with 
southerly wind anomalies as a consequence of the weakening of the NASH.  
Figures 11a-f are the same as Figs. 10a-f but for Period 2. With monsoon demise, 
the southern Sahel rainfall climatology (Fig 11a) falls below 2 mm day-1 (by our 
definition of demise). Similar to Period 1, the divergence of the vertically-integrated 
moisture flux is dominant over the Sahel. The Atlantic ITCZ is shifted slightly southward 
compared with Period 1. Since the NASH anomalies in Period 1 persist during this time, 
Figures 10c-f lead to the same conclusions as those for Period 1.  
The vertical profiles of individual moisture flux convergence terms are analyzed 
in cross sections at 10.5°N shown in Figure 12, where the rainfall anomalies are 
relatively strong. The zonal convergence and advection terms are omitted because there is 
no spatial coherence. The differences above 500 hPa are negligible because the specific 
humidity is very low. 
Figure 12a shows the difference of meridional convergence term (Cy) between the 
early and late demise composites (early minus late) in Period 1. The full field of Cy in the 
early composite is shown in Figure 12e.  There is a shift in meridional convergence from 
low-levels (surface to about 850 hPa) to mid-levels (about 850 hPa to 500 hPa). The low-
level southerly monsoon flow exhibits no evident change between the early and late 
demise composites (Fig 6). However, in the early demise composite, northerly wind 
anomalies enhance meridional convergence. The opposite applies for the late demise 
case. Therefore, the differences in the low-levels are positive, indicating stronger wind 
convergence in the early demise composite. However, in mid-levels, there is no monsoon 
flow to converge with the northerly wind. The northerly wind anomalies in the early 
demise composite are associated with stronger wind divergence and the opposite occurs 
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in the late demise composite. Thus, negative differences for the meridional convergence 
term are exhibited at these levels.   
 Figure 12b displays the meridional moisture advection (Ay) differences between 
the early and late demise composites (early minus late) and Figure 12f shows the full 
field in early composite. The meridional gradient of atmospheric specific humidity is 
negative in this region, with drier air to the north. Negative anomalies dominate from the 
surface to 500 hPa except at low levels near 0ºE. This suggests that more dry air is 
advected southward through this cross section in the early demise case than in the later 
demise case. These differences are related to the presence of stronger (weaker) northerly 
winds in the early (late) demise composite, in association with the NASH anomalies.   
Meridional convergence and advection differences are shown in Figure 12c and 
12d, respectively, for Period 2. The anomalous structures are similar to those in Period 1, 
except the largest anomalies are closer to the surface.  
In summary, when there is an early demise in the monsoon rainfall in the Sahel, 
the NASH is anomalously strong and accompanied by anomalous mid-level moisture 
divergence and low-level moisture convergence.  Also present are negative meridional 
moisture advection (Ay) anomalies over the southern Sahel. The opposite applies for the 
late monsoon demise case.  
When an anomalously strong NASH is positioned over the Sahara and the 
Mediterranean region, the resulting northerly wind anomalies favor the formation of 
synoptic-scale cold air surges which transport relatively cold and dry air from the 
Mediterranean and Sahara to the Sahel (Vizy and Cook 2009, 2013). These cold air 
surges tend to stabilize the atmospheric profile over the Sahel and, while this paper does 
not analyze cold air surges, we note that this is a mechanism that provides a linkage 
between the NASH and the Sahel rainfall anomalies on synoptic time scales. In addition, 
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on seasonal timescales, Vizy and Cook (2013) show that the reduced rainfall in the Sahel 
and tropical Africa is associated with eastern Saharan low-level colder conditions.  
 
4.4.4. Linkages between the West African monsoon demise and large-scale SSTs 
We have demonstrated that interannual variations of the West African monsoon 
demise are associated with interannual variations of the NASH. Here we investigate the 
linkages between the NASH and the underlying North Atlantic sea surface temperatures 
(SSTs). Figures 13a-c show the Period 1 anomalies of sea surface temperature from the 
ERA-Interim reanalysis for the early, normal and late demise composites, respectively. 
To isolate natural North Atlantic SST variations from the global warming trend in recent 
decades, we subtract global mean SSTs averaged between 60°S and 60°N at each time 
step (Trenberth and Shea 2006). The resulting time series is used to calculate the SSTAs. 
For Period 1, the removed global SST values in the early composite are about 0.1 K 
colder than in the late demise composite. 
Cold SSTAs, up to 0.3 K in the tropical and subtropical North Atlantic, are 
associated with the stronger NASH of the early demise composite during Period 1 
(Figure 13a). Warm SSTAs are located to the south of the equator. For the late demise 
composite, there are warm SSTAs in the subtropical and western tropical North Atlantic, 
and cold SSTAs in the eastern tropical Atlantic along the West African coast and Gulf of 
Guinea (Figure 13c).   
Similar SSTA patterns persist through Period 2 as shown in Figures 13d-f. We 
conclude that in both Period 1 and 2, the anomalously strong (weak) NASH is associated 
with cold (warm) SSTAs in the underlying subtropical North Atlantic.  
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This association can be explained by local thermodynamics, i.e., cold (warm) 
SSTs correspond to a high (low) sea-level pressure, which is revealed in some 
observational (Martin and Thorncroft 2013) and modeling (Grosfeld et al. 2008) studies. 
Here we are not excluding the impacts of remote SSTs on the NASH. Globally, the 
subtropical highs are related to the descending branch of the Hadley cell from the 
perspective of the global zonal mean circulation. Therefore, some remote tropical SSTs 
could be linked to the NASH through teleconnections. In addition, NASH is also 
influenced by monsoonal heating over land and local air-sea interactions (Rodwell and 
Hoskins 2001; Seager et al. 2003). Further analysis is needed to isolate the role of SSTs 
in different ocean basins in influencing the demise of the West African monsoon. For 
example, the ENSO signals in the east and central Pacific shown in Figure 13 counteract 
the conclusion of previous studies (e.g. Janicot et al. 1996; Rowell 2001) that El Niño is 
associated with lower rainfall amount in the Sahel. 
Although the early (late) demise composite indicates that there are warm (cold) 
SSTAs in the southwest corner of the Sahel averaging region, the Sahel rainfall is not 
sensitive to them because no significant low-level geopotential height anomalies 
corresponding to these SSTAs occur (Figures 6 and 7).  The offshore (onshore) wind 
anomalies in the early (late) demise composite have a much larger spatial scale than these 
SSTAs, indicating that the wind anomalies are determined by processes operating on a 
much larger spatial scale, i.e. the NASH.  
 
4.5. CONCLUSIONS 
The observed climatology and interannual variations of the West African 
monsoon demise are examined using TRMM 1998-2012 daily data and GPCP 1979-2012 
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5-day pentad data. The atmospheric circulations and large-scale SSTAs associated with 
interannual variations of the monsoon demise are analyzed in the ERA-Interim 
reanalysis.  
In the climatology, the demise of the West African monsoon occurs from 
September to early November as the rainfall maximum progresses southward from the 
Sahel to the Gulf of Guinea. The southerly monsoon flow into the Sahel (8ºN) decreases 
from more than 2 m s-1 in early September to less than 1 m s-1 in late October. Distinct 
from the abrupt onset, the monsoon demise is smooth with no evident meridional jump of 
the rainfall maximum. Applying uniform thresholds to indicate monsoon demise, the 
demise date is zonally uniform over the central and eastern Sahel, while the western 
Sahel has a later demise. Using a 2 mm day-1 threshold, the demise date varies from early 
September over the northern Sahel to early November over the southern Sahel. The 
climatological demise date for the Sahel region is October 20th if the 2 mm day-1 
threshold is applied to the area-averaged time series of the GPCP climatology.  
The demise date varies by up to 25 days during the 1979-2012 period, with 
earliest and latest demise on October 5th and 30th, respectively. The interannual variations 
are analyzed by compositing early, normal and late monsoon demise years. Two periods 
are studied: October 5th-20th (Period 1) and October 20th -30th (Period 2).  
An early (late) demise of the West African monsoon is associated with an 
anomalously strong (weak) NASH, which extends over the Mediterranean and Sahara, 
during both Period 1 and 2. Anticyclonic (cyclonic) flow anomalies corresponding to a 
stronger (weaker) NASH are shown as northerly/northeasterly (southerly/southwesterly) 
wind anomalies over the Sahel. The southerly monsoon flow shows no difference 
between the early and late demise composites.  
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Years with an early monsoon demise have less total rainfall than years with a late 
demise. The monsoon season total rainfall is significantly correlated with the demise 
date.  
The atmospheric moisture budget is examined using values from the 6-hourly 
ERA-Interim reanalysis. The rainfall anomalies are mainly supported by anomalies in the 
vertically-integrated moisture flux convergence. Over the southern Sahel, the vertically-
integrated moisture fluxes are divergent in the climatology for both Periods 1 and 2. In 
the early (late) demise composite, the northerly (southerly) moisture flux anomalies, 
which enhance (reduce) moisture divergence, are associated with northerly (southerly) 
wind anomalies in the lower troposphere due to an anomalously strong (weak) NASH. 
Analysis of the moisture convergence profiles in the southern Sahel (10.5°N) reveals that, 
corresponding to an early monsoon demise, a stronger NASH is associated with mid-
level divergent and low-level convergent anomalies of the meridional moisture term (Cy); 
and negative anomalies of the meridional moisture advection (Ay) over the southern 
Sahel. The opposite applies for a late monsoon demise. These results connect the NASH 
variations with the rainfall anomalies over the Sahel. 
The early (late) demise of the West African monsoon is accompanied by cold 
(warm) SSTAs in the subtropical North Atlantic. There is potential to use these findings 
for seasonal prediction of the date of the monsoon demise in the Sahel and, therefore, 












GPCP total rainfall and GPCP demise date 0.56 0.0006 
TRMM total  rainfall and TRMM demise date 0.40 0.1363 







Table 4.2. Correlation coefficients between GPCP and TRMM during the common 





GPCP demise date and TRMM demise date (1998-
2012) 
0.98 3.81×10-10 







Figure 4.1. Hovmöller diagram of rainfall climatology (mm day-1) from (a) TRMM 





Figure 4.2. Hovmöller diagram (shaded) from the ERA-Interim climatology (1979-2012) 
of the (a) surface skin temperature (K) and (b) 925 hPa meridional wind (m 
s-1) averaged over the Sahel (20ºW-22.5ºE). Black contours are Hovmöller 
diagram of rainfall climatology (mm day-1) from GPCP as in Figure 1(b) for 







Figure 4.3. Map of demise dates from the TRMM climatology (1998-2012) using (a) 1 
mm day-1, (b) 2 mm day-1, (c) 3 mm day-1,  and (d) 4 mm day-1 thresholds. 
The demise date is calculated for each grid point, and those earlier than 
September 1st or later than November 30th are blanked. (e)–(h) are the same 






Figure 4.4.  The 925-hPa geopotential height (gpm, shaded) and wind (m s-1, vectors) 
from the ERA-Interim 1979-2012 climatology for (a) August and (b) 




Figure 4.5. (a) West African monsoon demise date anomaly (day) in GPCP for 1979-
2012. Bar (star) indicates the monsoon demise date anomaly in GPCP 
(TRMM). Both the GPCP and TRMM data place the climatological demise 
date on October 20th. (b) Same as (a) but for the sensitivity test using the 








Figure 4.6. Anomalies of 925 hPa geopotential height (gpm, shaded) and wind (m s-1, 
vectors) averaged over Period 1 (October 5th -20th) in the (a) early demise 
composite, (b) normal demise composite, and (c) late demise composite. (d)-
(f) As in (a)-(c), but for Period 2 (October 20th-30th). Only anomalies 









Figure 4.8. Seasonal cycle of the area-averaged Sahel rainfall (mm day-1) in the GPCP 
climatology, early demise composite and late demise composite. A 15-day 





Figure 4.9. Monsoon season total rainfall anomaly (mm) and demise date anomaly (day). 
Blue solid (dotted-dashed) line denotes monsoon season total rainfall 
anomaly from GPCP for 1979-2012 (TRMM for 1998-2012). Red solid 
(dotted-dashed) line denotes demise date anomaly from GPCP for 1979-






Figure 4.10. Period 1 (October 5th -20th) climatology of (a) GPCP rainfall (mm day-1) and 
(b) vertically-integrated moisture flux (kg m-1s-1, vector) and convergence 
(mm day-1, shaded). (c)-(d) As in (a)-(b) but for anomalies in the early 
demise composite, and (e)-(f) as in (a)-(b) but for anomalies in the late 
demise composite. In (c) and (e), anomalies statistically significant at the 
95% confidence interval are stippled; in (b) and (f), only anomalies 










Figure 4.12. Cross section at 10.5 ºN of differences between early and late (early minus 
late) demise composites of the (a) meridional convergence term (Cy) and (b) 
meridional advection term (Ay) for Period 1 (October 5
th -20th). (c)-(d) As in 
(a)-(b) but for Period 2 (October 20th-30th).  Units are 10-8 kg(H2O) kg(air)
 -1  
s-1.  Differences statistically significant at the 95% confidence interval are 
stippled. (e)-(h) Shows the full field of each term in the early demise 







Figure 4.13. ERA-Interim sea surface temperature anomalies (K) for Period 1 (October 
5th -20th) in the (a) early demise composite, (b) normal demise composite, 
and (c) late demise composite. (d)-(f) As in (a)-(c), but for Period 2 (October 
20th-30th).  The global warming trend is removed by subtracting the global 
mean SST averaged between 60ºS and 60ºN. Only anomalies statistically 




Chapter 5:  Sensitivity of Tropical Climate Dynamics to An Increase of 
CO2 in Idealized Simulations  
 
ABSTRACT 
To understand the climate sensitivity in the tropics given an increase greenhouse 
gases, regional climate model simulation are conducted with boundary conditions of 
ideally shaped continents and oceans. The model domain is from 150°W to 150°E and 
from 50°S to 50°N. Two ideal continents are configured in the domain, the western 
continent at 120°W-60°W and 30°S-30°N, and the eastern continent at 60°E-120°E and 
30°S-30°N. The rest of the domain is covered by ocean and modeled by the ocean mixed-
layer model coupled within the regional model. Two groups of simulations are 
conducted: the control simulation (CTL) with modern level of CO2 concentration and 
future simulation (2×CO2) in which the CO2 concentration is twice of the modern level. 
Model simulations show that the northwestern part of the western continent is up 
to 6 K warmer in the 2×CO2 simulation than in the CTL. In the 2×CO2 simulation, the 
continental heat low is deeper and the subtropical highs in both northern and southern 
hemispheres are stronger than in CTL. Over the western continent, the rainfall maxima 
shift southward, with a larger slope of northeast-southwest orientation. In addition, over 
the eastern continent, the rainfall maxima remain zonally oriented, with a decrease of 
rainfall over the center. 
 
5.1. INTRODUCTION 
Dynamics of the tropical climate is an essential component in global climate 
system and hydrological cycle. Under the global warming scenarios with increasing 
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greenhouse gases, it is important to understand how the tropics responses to this forcing. 
Some of the tropical regions, e.g. the semi-arid West African Sahel region, are sensitive 
to climate changes. A better understanding of climate sensitivity in the tropics will help 
people in these regions prepare for mitigation and adaption of agricultural practices, 
water resource management, etc.   
One important driver of the tropical climate sensitivity is the land-sea distribution. 
Land has a smaller heat capacity; therefore it always warms or cools faster than the 
oceans. This thermal contrast is an important driver of tropical climate sensitivity given 
the same greenhouse gases forcing. However, in the real world, the signal of the land-sea 
contrast is complicated due to the shape and location of the continents on the Earth. To 
better understand the climate sensitivity in the tropics related to the land-sea distribution, 
in this chapter we use a coupled regional climate with idealized continents and oceans. 
This idealized approach will reduce other factors involved in the tropical climate and 
highlight the role of land-sea distribution, which has been widely used in studying 
climate dynamics. The idealized model can be built up with more complexity until 
reached to the full complexity of an operational climate system model. This hierarchical 
structure in modeling the climate system has the advantage that any finding in the 
idealized models can be easily transferred and applied to understand the full-complexity 
model. 
Current literature on tropical climate sensitivity and idealized simulations is 
reviewed in the following section. The methodology used in this chapter is described in 





Current literature on the sensitivity of tropical climate is mainly focused on the 
regional climate trend in the past century and future climate projections under global 
warming scenarios. Deser et al. (2010) show significant trend of tropical SSTs in the 20th 
century, with warming in the whole tropics except northwestern Atlantic. They also 
suggest that the maxima of the SST warming trend are located in both northern and 
southern mid-latitudes. In recent decade, the global warming rate slows down, which is 
referred as “global warming hiatus”. Using global model experiments, Kosaka and Xie 
(2013) suggest that the recent global warming hiatus is related to a cold phase of ENSO-
like decadal cooling, due to the natural variability of the climate system. The warming or 
cooling of SSTs also has profound regional impacts on the atmospheric and/or ocean 
circulations. For example, Tokinaga et al. (2012) find that the observed weakening of the 
Walker Circulation during 1950-2009 is caused by a decrease of zonal SST gradient in 
the Pacific Ocean, which is related to the SST warming patterns. Another example of the 
sensitivity of regional SST warming is that, Wu et al. (2012) find that in the past century 
there is an accelerated warming trend of SSTs over the regions of subtropical western 
boundary currents. Associate with this enhanced warming, the global western boundary 
currents intensify and/or shift poleward. 
The warming trend for the land surface is also studied. For example, Cook and 
Vizy (2015) suggest an amplified surface warming in the Sahara desert in response to 
enhanced greenhouse gas forcing. Due to the difference in heat capacity, the land and the 
ocean respond to the greenhouse gas forcing at different warming rate. Using global 
model simulations in Coupled Model Inter-comparison Project Phase 3 (CMIP3), Sutton 
et al. (2007) conclude that the global land/sea warming ration is about 1.36-1.84, and this 
ratio is time-invariant, which means an amplifying of land/sea thermal difference with 
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time. The land/sea warming difference is important to the atmospheric circulations and 
rainfall over the tropical and subtropical regions. Cook (2000) explores the basic 
dynamics of the South Indian convergence zone (SICZ) and suggests that the SICZ shifts 
northeastward in response to an ENSO-like warming in the eastern Pacific.  
Besides the modeling studies using full-complexity regional and/or global models 
with real world configuration, the idealized simulation is also an invaluable approach in 
understanding the physical processes and separating climate feedbacks. The author’s 
supervisor, Dr. Kerry H. Cook, has conducted several modeling studies in the past by 
applying idealized model simulations in understanding the basic dynamics of the climate. 
For example, Cook and Gnanadesikan (1991) use a GCM with idealized boundary 
conditions for the African continent to explore the impacts of land surface on tropical 
rainfall. Cook et al. (2004) also use idealized simulations with a GCM to reveal the 
interactions between the African climate and South American climate. The idealized 
simulation is not only useful for the tropics, but also for other regions on the Earth. For 
example, Shi and Durran (2014) apply ideally shaped continents and mountains in the 
mid-latitudes in a GCM  to investigate the response of orographic rainfall to greenhouse 
gases forcing. Besides GCMs, Shi and Durran (2015) also use a regional climate model, 
i.e., the Weather Research and Forecasting (WRF) model, for a similar study but with a 
focus on extreme rainfall. 
 
5.3. METHODOLOGY 
This study is built on “idealized simulations”, i.e., regional climate simulations 
with idealized configuration of continents and oceans on the Earth. The model we choose 
is a coupled regional ocean-atmosphere model, which enables us to study to two-way 
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interaction between the atmosphere and the ocean. Also, a land surface model is always 
included in an atmospheric model; therefore, the land-atmosphere interactions are also 
included in the coupled regional climate model. The atmospheric component of the 
coupled regional climate model is the Weather Research and Forecasting (WRF) model 
version 3.1 (Skamarock et al. 2008). The ocean component of the coupled regional 
climate model is an intermediate-complexity ocean mixed-layer model developed within 
the author’s supervisor, Dr. Kerry H. Cook’s group (Hagos and Cook 2009). This model 
is further developed and applied successfully in the Atlantic Ocean (Vizy and Cook 
2014).  In this chapter, this coupled model is extended to a broad tropical domain with 
ideal continents and oceans.  
Figure 1 shows the domain of the idealized simulations for this chapter. The 
domain covers from 150°W to 150°E and from 50°S to 50°N. The domain is chosen to be 
larger than what we need in order to avoid analyzing outputs near the lateral boundaries. 
Two ideal continents are configured in the domain, the western continent at 120°W-60°W 
and 30°S-30°N, and the eastern continent at 60°E-120°E and 30°S-30°N. Both of the 
continents are flat with a uniform elevation of 500 m. The land properties are uniformly 
set to reduce complexity. The soil type is set as clay and vegetation type is set as savanna, 
which are typical over tropical continents. The fraction of vegetated area in a grid box is 
set as 70% constantly. The rest of the domain is covered by ocean, represented by the 
ocean mixed-layer in the coupled model. 
Two groups of simulations are conducted: the control simulation (CTL) with 
modern level of CO2 concentration and future simulation (2×CO2) in which the CO2 
concentration is twice of the modern level. The model is run at 90 km resolution. The 
simulations are initialized at 00 UTC on 15 October 2005 and run through 15 October 
2006. The boreal summer warm season (i.e., June to August, JJA) is analyzed. Initial and 
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boundary conditions for the atmosphere are taken from the 6-hourly National Centers for 
Environmental Prediction (NCEP) II Reanalysis (Kanamitsu et al. 2002). Although the 
model is configured ideally, we still supply realistic 6-hourly lateral boundary conditions 
because this will keep the transient eddies on the lateral boundaries. Our domain is large 
enough to avoid influence of the lateral boundary conditions on the interior domain 
analysis. Note that this is a coupled ocean-atmosphere model; therefore SST is only need 
as the initial condition. The ocean mixed-layer model is initialized with zonally uniform 
SST field derived from October monthly mean climatology in NCEP II reanalysis. Figure 
2 displays the variations of initial SST along the latitudes of the domain. 
Physical parameterizations selected for use in the simulation include: Lin et al. 
microphysics scheme (Chen and Sun 2002), RRTM longwave radiation scheme (Mlawer 
et al. 1997), Dudhia shortwave radiation scheme (Dudhia 1989), Yonsei University 
boundary layer scheme (Hong et al. 2006), MM5 Monin-Obukhov surface layer scheme 
(Skamarock et al. 2008), Noah land surface model (Chen and Dudhia 2001), and Kain-
Fritsch (Kain 2004) scheme of cumulus convection parameterization The model 
integration time step is 180 seconds, and 6-hourly model output is archived for analysis.  
 
5.4. RESULTS 
5.4.1 Surface response to doubling CO2 
The boreal summer (JJA) is analyzed to investigate the differences between the 
CTL and 2×CO2 simulations. Our focus is the thermal contrasts between the idealized 
continents and the oceans in response to the increase of CO2.  First, the surface 
temperature of both land and oceans are examined. Figure 1a shows the CTL simulation 
of surface temperature, which is SST over the oceans simulated by the ocean-mixed 
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model, and land surface temperature over the two square continents simulated by the 
Noah land surface model.  As expected, the model produces a higher temperature over 
the continents in the northern hemisphere, compared with adjacent oceans. Figure 3a also 
shows the ocean mixed-layer currents as vectors. The currents are mainly poleward in 
both hemispheres. Strongest currents are shown near the equator, and the current speed 
decreases from low to high latitudes in general.  
Figure 3b displays the surface temperature and ocean mixed-layer currents in the 
2×CO2 simulation and Figure 3c shows the difference between 2×CO2 and CTL (2×CO2 
minus CTL).  No obvious difference is found for the SSTs and ocean mixed-layer 
currents. One prominent feature is that the northwestern part of the western continent, 
near the northern coast, is up to 6 K warmer in the 2×CO2 simulation than in the CTL. 
 
5.4.2 Impacts on low-level circulation and rainfall 
The warming over the northern hemisphere continents is associated with solar 
heating during the boreal summer, and it influences the low-level atmospheric 
circulation. Figure 4a displays 900 hPa geopotential height and wind in CTL simulation. 
Over the continents in the northern hemisphere, the model produces continental heat 
lows. The continental heat low is stronger in the western continent than in the eastern 
one, with maxima located at 110°W and 15°N. The continental heat low in the eastern 
continent is much weaker and more confined.   
In addition, a profound subtropical high pressure system is simulated in the 
northern hemisphere, centered along 30°N over the oceans. Accompanying this 
subtropical high is anticyclonic winds in the subtropical regions. The counterpart of this 
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subtropical high in the southern hemisphere is much weaker and located mainly in the 
eastern section of the domain. 
Figure 4b shows the 900 hPa geopotential height and wind in the 2×CO2 
simulation and Figure 4c shows the difference between 2×CO2 and CTL (2×CO2 minus 
CTL). Because the center of the continental heat low has a warming with doubling CO2 
(Figure 3), the continental heat low is deepened in the 2×CO2 simulation, suggested by 
the negative anomalies of geopotential height in Figure 4c. In the subtropics, the 
subtropical highs in both northern and southern hemispheres are stronger in 2×CO2 than 
in CTL, associated with anticyclonic wind anomalies around the subtropical high. 
The low-level circulation patterns are associated with tropical rainfall 
distributions, e.g., the inter-tropical convergence zones (ITCZ) and the monsoons. For 
example, in Chapter 4, we conclude that the demise of the West African monsoon is 
associated with the variability of the North Atlantic subtropical high (NASH) (Zhang and 
Cook 2014). Here we explore the rainfall changes between these two simulations.  
 Figure 5a shows the JJA seasonal mean rainfall simulated in the CTL simulation. 
The model captures the ITCZ, but also produces a secondary rainfall maximum between 
60°W and 0°. This secondary maximum suggests that the coupled model may also suffer 
the common “double ITCZ” problem in coupled AOGCMs.  
Over the continents, the model produces rainfall maxima in the northern 
hemisphere land regions where the continental heat lows are located. The rainfall maxima 
over the western continent show a northeast-southwest orientation between 10°N and 
25°N. The rainfall maxima over the eastern continent is more zonal, and within a small 
region, which is consistent with the fact that the continental heat low is also weaker and 
confined over this continent. 
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Figure 5b shows the JJA seasonal mean rainfall simulated in the 2×CO2 
simulation and Figure 5c shows the difference between 2×CO2 and CTL (2×CO2 minus 
CTL). The large-scale rainfall pattern is similar between these two simulations. Over the 
western continent, the rainfall maxima shift southward over the northwestern part of the 
continent, with a larger slope of northeast-southwest orientation. Therefore, it generates 
more rainfall interior of the continent. However, over the eastern continent, the rainfall 
maxima remain zonal. But the rainfall rate is reduced over the center. 
 
5.5. CONCLUSIONS 
To advance the understanding of climate sensitivity in the tropics under the 
scenario of increasing greenhouse gases, a series of regional climate model simulations 
are conducted with idealized continents and oceans. This idealized approach simplifies 
the physical processes and feedbacks involved in the climate system and helps better 
identify the sensitivity of the climate system to greenhouse gas changes. 
Two groups of simulations are conducted: the control simulation (CTL) with 
modern level of CO2 concentration and future simulation (2×CO2) in which the CO2 
concentration is twice of the modern level. The boreal summer warm season (i.e., June to 
August, JJA) is analyzed. In both experiments, the model produces a higher temperature 
over the continents in the northern hemisphere, compared with adjacent oceans. The 
ocean mixed-layer currents are mainly poleward in both hemispheres. Strongest currents 
are shown near the equator, and the current speed decreases from low to high latitudes in 
general. No obvious difference is found for the SSTs and ocean mixed-layer currents 
between the 2×CO2 simulation and the CTL, probably due to a relatively short period of 
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spin-up. One prominent feature is that the northwestern part of the western continent, 
near the northern coast, is up to 6 K warmer in the 2×CO2 simulation than in the CTL. 
In the CTL simulation, the continental heat low is stronger in the western 
continent than in the eastern continent, with maxima located at 110°W and 15°N. The 
continental heat low in the eastern continent is much weaker and more confined.  A 
profound subtropical high is simulated in the northern hemisphere, centered along 30°N 
over the oceans. The counterpart of this subtropical high in the southern hemisphere is 
much weaker and located mainly in the eastern section of the domain. In the 2×CO2 
simulation, the continental heat low is deeper and the subtropical highs in both northern 
and southern hemispheres are stronger than in CTL. 
Over the continents, the model produces rainfall maxima over the northern 
hemisphere land associated with the continental heat lows. The rainfall maxima over the 
western continent show a northeast-southwest orientation. The rainfall maxima over the 
eastern continent are more zonal, and limited within a small region. In the 2×CO2 
simulation, the large-scale rainfall pattern is similar to the CTL. However, over the 
western continent, the rainfall maxima shift southward, with a larger slope of northeast-
southwest orientation. In addition, over the eastern continent, the rainfall maxima remain 







Figure 5.1. Model domain for the idealized simulations. Elevation (m) of the continents 







Figure 5.2. Zonally uniform sea surface temperature (SST, K) derived from October 







Figure 5.3. The JJA 2006 surface temperature (K, shaded) and ocean mixed-layer current 
(m s-1, vectors) for (a) CTL simulation and (b) 2×CO2 simulation. (c) 





Figure 5.4. The JJA 2006 900 hPa geopotential height (m, shaded) and wind (m s-1, 
vectors) for (a) CTL simulation and (b) 2×CO2 simulation. (c) Differences of 





Figure 5.5. The JJA 2006 mean rainfall rate (mm day-1, shaded) for (a) CTL simulation 
and (b) 2×CO2 simulation. (c) Differences of (b) and (a) (2×CO2 minus CTL).HIDDEN 





Chapter 6:  General Conclusions  
 
6.1 CONCLUSIONS 
This dissertation is focused on advancing the current knowledge of the tropical 
climate dynamics and rainfall variability, by using observational analysis and climate 
modeling studies. In addition to the first chapter as general introduction and this chapter 
as general conclusion, this dissertation includes four major chapters: (1) The diurnal 
cycle of warm season rainfall over West Africa: Observations as Chapter 2 and high-
resolution simulation as Chapter 3; (2) West African Monsoon Demise: Climatology, 
Interannual Variations, and Relationship to Seasonal Rainfall as Chapter 4; and (3) 
Sensitivity of tropical climate dynamics to an increase of CO2 in idealized simulations as 
Chapter 5. 
In Chapter 2, we investigate the geographical distribution of the diurnal cycle of 
West African warm season (JJAS) rainfall and explore its underlying physical processes 
using the satellite-derived TRMM precipitation and atmospheric dynamics fields from the 
MERRA reanalysis. In addition, a convection-permitting regional model simulation is 
analyzed to investigate the model’s ability to capture the physical processed that control 
the diurnal cycle of rainfall. The diurnal cycle of rainfall is analyzed in the TRMM 
climatology for 1998-2013. We also evaluate the 2006 warm season (JJAS) as a case 
study to facilitate a more detailed investigation on synoptic timescales. 
The conclusions from this observational analysis in Chapter 2 are summarized as 
follows. Most regions of West Africa (98% in the climatology and 78% in 2006) have a 
single diurnal peak of rainfall in either the afternoon (i.e., 15 and 18 UTC) or at night 
(i.e., 21, 00, and 03 UTC).  This finding is in contrast to several previous studies (see 
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section 2.) that suggest that the diurnal cycle of rainfall over West Africa is characterized 
by two peaks.  This is a vestige of averaging over a large area, and the result does not 
apply locally or regionally. Two types of regions experience afternoon rainfall peaks.  
One is regions with topographic features, and the other is regions far removed from 
upstream topography.  In these regions, local instability processes dominate.  A moist 
static energy analysis is used to show that the afternoon rainfall peaks are associated with 
unstable atmospheric profiles dominated by diurnal temperature variations in the lower 
troposphere; boundary layer moisture variations play a minor role. Coherent regions with 
nocturnal rainfall peaks are located 3°-10° of longitude downstream (i.e., to the west) of 
regions with afternoon rainfall maxima. These rainfall peaks are associated with the 
westward propagation of rainfall systems, but not with local instability. The diurnal cycle 
of rainfall is closely associated with the timing of extreme rainfall events.  12 extreme 
events that occurred at night during the summer of 2006 are examined, and each is found 
to be associated with an MCS that originated on the previous afternoon to the east and 
propagated to the west. 
Results from the convection-permitting regional model simulations in Chapter 3 
are the following. The model realistically simulates seasonal mean rainfall and low-level 
circulation fields. Moreover, the westward propagating nature of rainfall is well-captured 
in the convection-permitting simulation, which is a distinct advantage compared to the 
rainfall simulated in GCMs or regional climate models at coarser resolutions with 
convective parameterization activated. The convection-permitting simulation captures the 
afternoon rainfall peaks associated with elevated topography, e.g., around the Jos Plateau. 
Nocturnal rainfall peaks downstream of the topographic afternoon rainfall are also well-
simulated. The model fails to reproduce the observed afternoon rainfall peaks.  Nocturnal 
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rainfall is too widespread and, as a result, localized convective instability does not 
develop with sufficient vigor. 
In Chapter 4, the observed climatology and interannual variations of the West 
African monsoon demise are examined using TRMM 1998-2012 daily data and GPCP 
1979-2012 5-day pentad data. The atmospheric circulations and large-scale SSTAs 
associated with interannual variations of the monsoon demise are analyzed in the ERA-
Interim reanalysis. In the climatology, the demise of the West African monsoon occurs 
from September to early November as the rainfall maximum progresses southward from 
the Sahel to the Gulf of Guinea. The southerly monsoon flow into the Sahel (8ºN) 
decreases from more than 2 m s-1 in early September to less than 1 m s-1 in late October. 
Distinct from the abrupt onset, the monsoon demise is smooth with no evident meridional 
jump of the rainfall maximum. Applying uniform thresholds to indicate monsoon demise, 
the demise date is zonally uniform over the central and eastern Sahel, while the western 
Sahel has a later demise. Using a 2 mm day-1 threshold, the demise date varies from early 
September over the northern Sahel to early November over the southern Sahel. The 
climatological demise date for the Sahel region is October 20th if the 2 mm day-1 
threshold is applied to the area-averaged time series of the GPCP climatology.  
The demise date varies by up to 25 days during the 1979-2012 period, with 
earliest and latest demise on October 5th and 30th, respectively. The interannual variations 
are analyzed by compositing early, normal and late monsoon demise years. Two periods 
are studied: October 5th-20th (Period 1) and October 20th -30th (Period 2). An early (late) 
demise of the West African monsoon is associated with an anomalously strong (weak) 
NASH, which extends over the Mediterranean and Sahara, during both Period 1 and 2. 
Anticyclonic (cyclonic) flow anomalies corresponding to a stronger (weaker) NASH are 
shown as northerly/northeasterly (southerly/southwesterly) wind anomalies over the 
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Sahel. The southerly monsoon flow shows no difference between the early and late 
demise composites. Years with an early monsoon demise have less total rainfall than 
years with a late demise. The monsoon season total rainfall is significantly correlated 
with the demise date.  
The atmospheric moisture budget is examined using values from the 6-hourly 
ERA-Interim reanalysis. The rainfall anomalies are mainly supported by anomalies in the 
vertically-integrated moisture flux convergence. Over the southern Sahel, the vertically-
integrated moisture fluxes are divergent in the climatology for both Periods 1 and 2. In 
the early (late) demise composite, the northerly (southerly) moisture flux anomalies, 
which enhance (reduce) moisture divergence, are associated with northerly (southerly) 
wind anomalies in the lower troposphere due to an anomalously strong (weak) NASH. 
Analysis of the moisture convergence profiles in the southern Sahel (10.5°N) reveals that, 
corresponding to an early monsoon demise, a stronger NASH is associated with mid-
level divergent and low-level convergent anomalies of the meridional moisture term (Cy); 
and negative anomalies of the meridional moisture advection (Ay) over the southern 
Sahel. The opposite applies for a late monsoon demise. These results connect the NASH 
variations with the rainfall anomalies over the Sahel. The early (late) demise of the West 
African monsoon is accompanied by cold (warm) SSTAs in the subtropical North 
Atlantic.  
In Chapter 5, to advance the understanding of climate sensitivity in the tropics 
under the scenario of increasing greenhouse gases, a series of regional climate model 
simulations are conducted with idealized continents and oceans. This idealized approach 
simplifies the physical processes and feedbacks involved in the climate system and helps 
better identify the sensitivity of the climate system to greenhouse gas changes. 
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Two groups of simulations are conducted: the control simulation (CTL) with 
modern level of CO2 concentration and future simulation (2×CO2) in which the CO2 
concentration is twice of the modern level. The boreal summer warm season (i.e., June to 
August, JJA) is analyzed. In both experiments, the model produces a higher temperature 
over the continents in the northern hemisphere, compared with adjacent oceans. The 
ocean mixed-layer currents are mainly poleward in both hemispheres. Strongest currents 
are shown near the equator, and the current speed decreases from low to high latitudes in 
general. No obvious difference is found for the SSTs and ocean mixed-layer currents 
between the 2×CO2 simulation and the CTL, probably due to a relatively short period of 
spin-up. One prominent feature is that the northwestern part of the western continent is 
up to 6 K warmer in the 2×CO2 simulation than in the CTL. 
In the CTL simulation, the continental heat low is stronger in the western 
continent than in the eastern continent, with maxima located at 110°W and 15°N. The 
continental heat low in the eastern continent is much weaker and more confined.  A 
profound subtropical high pressure system is simulated in the northern hemisphere, 
centered along 30°N over the oceans. The counterpart of this subtropical high in the 
southern hemisphere is much weaker and located mainly in the eastern section of the 
domain. In the 2×CO2 simulation, the continental heat low is deeper, and the subtropical 
highs in both northern and southern hemispheres are stronger than in CTL. 
Over the continents, the model produces rainfall maxima in the northern 
hemisphere land associated with the continental heat lows. The rainfall maxima over the 
western continent show a northeast-southwest orientation. The rainfall maxima over the 
eastern continent are more zonal, and limited within a small region. In the 2×CO2 
simulation, the large-scale rainfall pattern is similar to the CTL. However, over the 
western continent, the rainfall maxima shift southward, with a larger slope of northeast-
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southwest orientation. In addition, over the eastern continent, the rainfall maxima remain 
zonal, with a decrease of rainfall over the center 
 
6.2 FUTURE WORK 
For the study of diurnal cycle of rainfall in Chapters 2 and 3, future work is 
needed on addressing the deficiencies of current generation of general circulation models 
and regional climate models in representing the diurnal cycle of rainfall. This study 
demonstrates that atmospheric models can realistically simulate the diurnal cycle of 
rainfall if run at convective-permitting resolutions.  The next step is to narrow the gap 
between models with parameterized convection and convection-permitting models. A 
series of model experiments are needed to be designed to reflect the capability/inability 
of model physics in simulating the convective processes related to the diurnal cycle of 
rainfall. 
For the study of West African monsoon demise in Chapter 4, future work is need 
on further understanding the mechanism that controls the NASH variability, including the 
role of global SSTs. In addition, there is potential to use these findings for seasonal 
prediction of the date of the monsoon demise in the Sahel and, therefore, seasonal rainfall 
totals. In practice, the weather and climate models usually performs well in predicting the 
circulation, for example the NASH, but it is difficult for the models to predict rainfall. It 
will be useful to test if there is any predictability by using the prediction of the NASH to 
infer the anomaly of demise date in seasonal to interannual climate prediction. 
For the study of the sensitivity of tropical climate in Chapter 5, more experiments 
of the idealized simulation are needed. In addition, it will be useful to compare the 
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simulation with some of the current generation AOGCM or AGCM simulations, e.g. the 
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